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Abstract
In the Southern Ocean, strong jets interact with large topographic features along

the path of the Antarctic Circumpolar Current. These interactions generate eddies

which in turn, impact the transport of passive tracers, the energy pathways through

the ocean system and the meridional overturning circulation, all of which contribute

to global ocean circulation and climate. This thesis investigates the dynamical

processes underlying jet-eddy-topography interactions in the Southern Ocean.

Firstly, topography impacts the eddy-induced lateral mixing of tracers. A two-

layer quasi-geostrophic ocean model is used to simulate an unstable jet impinging

on an isolated seamount and quantify the resulting tracer mixing. In the absence of

topography, the flow grows unstable and generates eddy-induced mixing as it evolves

downstream. When a small seamount is present, eddies are enhanced in the lee of

topography, increasing the mixing intensity relative to the flat-bottom case. When

the topography is high, the spatial pattern of eddy activity and mixing is altered,

with elevated eddy kinetic energy (EKE) and strong mixing occurring upstream,

while mixing suppression occurs immediately downstream of the obstacle.

Secondly, the topographic contribution to deep EKE is investigated using numeri-

cal simulations of idealised jet-topography interactions. The energy budget analysis

performed identifies two energy sources for deep EKE, the relative magnitude of

which depend on the topography and upstream flow characteristics. In particular,

a jet impinging on a seamount generates EKE through the work of Reynolds stress,

while an increase in the jet baroclinicity enhances the contribution from eddy form

stress. The presence of a meridional ridge increases both energy sources, generating

much larger values of EKE at depth compared to seamount or flat-bottom cases.

Lastly, eddies around topography contribute to meridional overturning by trans-

porting water polewards across the time-mean jet core. This eddy-driven poleward

transport occurs only where EKE is growing through baroclinic instability, rather

than in regions of elevated EKE. In addition, horizontal shear instability supports

EKE growth without resulting in cross-jet transport by eddies.

The results in this thesis highlight the key role of instability mechanisms in

setting the magnitude and location of eddy fluxes near topography in the Southern

Ocean.
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Chapter 1

Introduction

This chapter presents a brief overview of Southern Ocean dynamics and their impor-

tance in global climate, the known role of eddies and bottom topography in setting

these dynamics, and the changing conditions they might experience in the future.

The scope and approach of this thesis are introduced, along with the findings of

each chapter.

1.1 Southern Ocean circulation and its impact on

climate

The Southern Ocean is the circumpolar ocean bounded by Antarctica in the south,

and other continents (Africa, South America, Australia) in the north. Although

there is no unique definition of the northern boundary of the Southern Ocean, the

dynamical processes described in this thesis occur south of 38° S. Strong westerly

winds blow over this region of the globe. These winds were well-known by navi-

gators as the “Roaring Forties”, “Furious Fifties” and the “Screaming Sixties” due

to the associated high wave climate and stormy conditions. In addition to these

extreme wind and wave conditions, the presence of sea ice limits the accessibility of

the Antarctic continent, even during the summer season. The limited availability

and high cost of observations in the deep open ocean environment, or close to the

Antarctic shelf, are particularly concerning as processes in this region are increas-

ingly recognised as having a global impact on ocean and climate (Le Quéré et al.,

2007; Purkey and Johnson, 2013; Dufour et al., 2015).
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1.1.1 The circumpolar ocean

The Southern Ocean is the only zonally unbounded ocean. Driven by the wind and

buoyancy forcing over the region, the Antarctic Circumpolar Current (ACC) flows

eastward, transporting between 134 Sv (Whitworth and Peterson, 1985) and 173 Sv

(Donohue et al., 2016) of water through the Drake Passage (with Sv = 106 m3 s−1),

making it the biggest current system in the world. The circumpolar nature of this

current means it connects all major ocean basins (except the Arctic ocean), making

it an essential contributor to inter-basin exchanges.

Data from early hydrographic surveys revealed the presence of sharp meridional

gradients of temperature and salinity in the Southern Ocean, which led to the identi-

fication of ACC fronts (for a historical perspective, see Orsi et al., 1995), represented

schematically in Fig. 1.1a. These fronts in hydrographic properties are associated

with strong, narrow currents along the front (referred to as frontal jets, or jets).

Considerable effort was expended into determining ACC front locations, but early

studies showed irregularity in the position of fronts (Deacon, 1982). When satellite

measurements became available in the 1970s, they helped to build a more com-

plete view of surface currents associated with these fronts. In the Southern Ocean,

this improved observing system motivated a shift in the conceptual representation

Figure 1.1: (a) Bathymetry and frontal distribution in the Southern Ocean; the
color lines are locations from Orsi et al. (1995) for the STF (tan), SAF (red), PF
(blue), sACCf (green), and SBdy (magenta); the thin gray contour is the 2500-
m isobath, and water depths shallower than 2000 m (1000 m) are lightly (darkly)
shaded (from Kim and Orsi , 2014). (b) Snapshot of the surface current speed (m
s−1) from the MOM 1/10° ocean model (see Stewart et al., 2017), with sea ice
indicated by the white shading (figure courtesy of Kial Stewart).
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of the ACC. Instead of considering the ACC as a series of continuous, stationary

fronts, satellite altimetry data highlighted the filamentary nature of the current,

formed by multiple discontinuous high-velocity jets (Hughes and Ash, 2001; Sokolov

and Rintoul , 2007, 2009a). This view was also supported by eddy-resolving ocean

models (e.g., Fig. 6 of Hallberg and Gnanadesikan, 2006, or the surface velocities in

Fig. 1.1b) and is now widely accepted.

Although our view has evolved to acknowledge the transient nature of the ACC

jet structure, studies which focus on jet dynamics (e.g., Delman et al., 2015), or

calculating transport across fronts (e.g., Thompson and Sallée, 2012; Dufour et al.,

2015) are still confronted with the question of how to best identify and define a

front. Indeed, the choice of contour alters the level of detail that can be inferred

from such a calculation. For example, it may be of interest to determine where, or

when, cross-frontal transport preferentially takes place. Although Marshall et al.

(1993) established that the transient eddy flux across a streamline must approxi-

mately equal the sum of standing and transient eddy fluxes across the corresponding

latitude circle, the along-front values remain sensitive to the choice of the path (e.g.,

Peña-Molino et al., 2014). Thus, observational and modelling studies have relied on

a range of front/jet detection techniques, depending on the data available and the

research question addressed. These techniques include identifying the location of

highest gradients in a surface property (e.g. sea surface height, seas surface temper-

ature), locating the sharpest potential vorticity (PV) jumps (e.g., Thompson et al.,

2010), following a contour of the barotropic streamfunction, or a combination of the

above. Chapman (2014) provides a helpful review and comparison of these detection

methods. The timescale over which the time-mean jet is defined can also impact

the metrics calculated, as mentioned by Kwon et al. (2013) in their study of the

subduction rates of mode waters.

1.1.2 The meridional overturning circulation

In addition to the circumpolar transport of the ACC, the Southern Ocean is host to

a less perceptible, but equally important, meridional overturning circulation (MOC).

Compared to the ACC, this circulation involves much slower velocities (on the order

of cm s−1) and smaller transport. Current estimates of this overturning rate range

between 19 and 29 Sv (Talley , 2013), but remain associated with large uncertain-

ties. The MOC is traditionally described as two inter-hemispheric overturning cells

in latitude-depth space, shown schematically in Fig. 1.2. The lower cell includes the

formation of dense shelf water in the Ross and Weddell Seas, which is exported off

the continental shelf and sinks to fill the abyssal ocean as Antarctic Bottom Wa-
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Figure 1.2: A schematic diagram of the Upper Cell and Lower Cell of the global
MOC, from Marshall and Speer (2012). Coloured arrows schematically indicate
the relative density of water masses: lighter mode and thermocline waters (red),
upper deep waters (yellow), deep waters including NADW (green) and bottom wa-
ters (blue). The zonally averaged oxygen distribution is shown in colour, yellow
indicating low values and hence older water, and purple indicating high values and
hence recently ventilated water. The thin black line indicates the depth of the Mid-
Atlantic Ridge and the Scotia Ridge in the Southern Ocean. General patterns of
air-sea surface buoyancy flux, B (red or blue indicating that surface waters are be-
ing made less or more dense, respectively) and of zonal surface wind stress, τ (�:
eastward; ⊗: westward).

ter (AABW). This water is slowly transformed by interior mixing with other ocean

water masses. This lower cell is closed by the upwelling of transformed water (e.g.

Circumpolar Deep Water, CDW) in the Southern Ocean due to Ekman pumping,

and eddy-driven upwelling along isopycnals. At the surface, the wind forcing results

in a transport divergence. Some water is transported southward toward the Antarc-

tic shelf, thus ‘closing’ the lower cell, while some water is transported northward into

the upper cell of the MOC. In this upper cell, the surface water is advected north-

ward as warm mode and thermocline waters. These warm surface waters are cooled

by air-sea fluxes as they move to high latitudes in the North Atlantic, leading to

dense water formation in the Nordic seas. This dense water mass flows through the

Denmark Strait, over the Iceland-Faroe Ridge, and through the Faroe Bank Chan-

nel forming the North Atlantic Deep Water (NADW). Although NADW mixes with

other water masses in the interior (such as warm, saline water from the Mediter-

ranean Sea), the structure of the isopycnals at depth allows it to flow southward

and be upwelled in the Southern Ocean with little diabatic transformation. Once

again, the Southern Ocean wind forcing and eddy-driven transport along isopycnals

play a role in the upwelling of deep waters, thus ‘closing’ the upper cell (Marshall

and Speer , 2012).
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Although this two-cell zonally-averaged description is a useful representation of

the MOC, it is important to keep in mind it is a simplification of a complex three-

dimensional circulation that is not fully understood at present. Identifying the

pathways, drivers, and sensitivity of the overturning circulation remains the object

of active research. While understanding the details of the underlying processes

requires further research, the Southern Ocean is recognised as playing a decisive

role in the global overturning circulation.

1.2 Role of transient eddies

The circulation in the Southern Ocean has one of the most energetic eddy fields

in the World Ocean (Fu et al., 2010). These eddies are an essential ingredient of

the dynamics in this region. This section provides background information on the

contributions they make to the circulation. The list below is not exhaustive, but

includes major effects essential to a general understanding of the region.

1.2.1 Defining eddies

There is no unique definition of what constitutes an eddy. A broad definition, used

throughout this thesis, includes all transient features. Thus, eddies and transient

eddies are used interchangeably, unless otherwise specified. The contributions of

transient motions (i.e. eddy terms) are defined as the deviation from time-mean

characteristics, following what is classically known as a ‘Reynolds decomposition’.

The time-mean (or more generally, a low-pass-filtered) field is derived over an inte-

gration period during which the flow is considered to be in statistical equilibrium.

The integration period is chosen to ensure that the results are not dominated by a

single transient feature but reflect the long-term statistics of the flow.

It is important to note that this definition makes no distinction between the

dynamics that generate the transient features. In this aspect, it differs from more

restrictive definitions of eddies which rely on streamline geometry (e.g., Sadarjoen

and Post , 2000) or indicators of non-linearity (e.g., Chelton et al., 2011). Although

both definitions are widely used in the literature and referred to as ‘eddies’, it is

important to remember the distinction between definitions when interpreting the

‘eddy’ metrics.

In contrast, the ‘mean’ flow as defined in this thesis includes all stationary fea-

tures. Therefore, the effect of stationary meanders downstream of topography (ex-

plored in Bischoff and Thompson (2014) for example) or closed recirculations above
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topography (e.g. the stationary Zapiola Anticyclone) will be considered a compo-

nent of the mean flow in this work.

1.2.2 Eddy-mean flow interactions

Although eddies are traditionally viewed as deriving from the instabilities of the

mean flow, and generally feature small velocities compared to those of the time-

mean flow, they can nevertheless make a significant net contribution to the time-

mean dynamical balance or the time-mean distribution of tracers at larger scales.

One example of eddy feedback onto the mean flow, well-studied in the atmo-

sphere, is how eddies accelerate the mean flow through the convergence of eddy

fluxes of momentum. This phenomenon, known as ‘negative eddy viscosity’ (Starr ,

1968), is also applicable to ocean jets (e.g., Waterman and Jayne, 2011). Similarly,

the convergence of eddy fluxes of other dynamical quantities, such potential vorticity

or energy, can have important large-scale impacts. To quantify these effects requires

a knowledge of the spatial patterns of eddy fluxes of these quantities.

1.2.3 Cross-jet transport by transient eddies

More specifically, eddies have large-scale impacts we care about by transporting

tracers of importance to ocean dynamics and climate. In the Southern Ocean in

particular, eddies transport tracers across the ACC jets and make a significant

contribution to meridional fluxes of tracers (such as heat, salt, or nutrients) to the

rest of the World Ocean (Hogg et al., 2008; Dufour et al., 2015). These eddy fluxes

of tracers can occur either through an advective transport of water, or through a

tracer flux independent of net volume transport.

Eddy advective fluxes are the transport of tracer associated with an eddy-driven

volume transport of water. This process involves the displacement of a parcel of

water (with given temperature and salinity properties, as well as other tracer con-

centrations) by eddies. By moving the water parcel across a frontal jet, eddies can

change the heat, salt or tracer budget of an area. An example of this transport is

visible in the shedding of Agulhas rings around the tip of South Africa. The rings

propagate into the Atlantic carrying in their core, warm, saline water from the Indian

Ocean and have a surface signature visible from satellite imagery. Another, perhaps

less obvious, means for eddy advective transport is through a systematic pattern

of eddy thickness fluxes along an isopycnal resulting in a net volume transport. In

addition to the advective transport of water masses, eddies can transport tracers

through systematic correlations between the transient velocities and the tracer field
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perturbations. This transport of tracer is unrelated to a volume transport of water,

and can be effectively thought as a transport driven by an eddy-enhanced diffusion

of properties.

In models unable to resolve the eddies explicitly, these eddy effects are gener-

ally parameterised as a function of the resolved larger-scale fields. The local eddy

thickness fluxes are typically parameterised using a diffusivity acting on the time-

mean stratification, expressed in the form φeddy = κ ∗ s (where φeddy is the extra

advective transport by eddies, s is the time-mean slope of isopycnals, and κ is the

‘eddy diffusivity’ ; Gent and McWilliams , 1990). Similarly, the impact of unresolved

eddies on tracers are typically represented by an eddy diffusivity acting on the time-

mean background gradient of the tracer concentration C, expressed in the form of

κ∗∇C. Although the local eddy fluxes can be up-gradient, the net effect over larger

scales is down-gradient. These parameterisations have been implemented in ocean

models, with varying degrees of complexity. The limitations of implementing this

parameterisation using a spatially-invariant κ have long been acknowledged, and

ongoing research focuses on refining a spatially-varying, or circulation-dependent,

specification of eddy diffusivity that can be used in models (e.g., Nakamura, 1996;

Abernathey et al., 2010; Ferrari and Nikurashin, 2010; Lu and Speer , 2010).

1.3 Bottom topography as a key player

The particularities of the Southern Ocean circulation are due to the absence of conti-

nental boundaries over the latitude range of the Drake Passage, which means there is

no western boundary to support a gyre circulation. Nevertheless, the ocean flows in

this latitude band experience topographic control from the bottom topography. The

Southern Ocean includes a range of topographic features, such as ridges, plateaus

and abyssal plains, which all impact the circulation in different ways. The influence

of bottom topography on ocean flows is not limited to the Southern Ocean, but the

absence of western boundaries and the strong, deep zonal flow make bottom topog-

raphy a first-order effect in the ACC dynamics. In particular, bottom topography

affects 1) the time-mean ACC flow, 2) the spatial distribution of eddy kinetic energy,

and 3) the dissipation of energy.

1.3.1 Steering the mean flow

The path of the time-mean ACC frontal jets is not purely zonal, as shown by the

front locations and surface velocities in Fig. 1.1. Apart from the constrictions due

to lateral boundaries in the Drake Passage, and south of the African and Aus-
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tralian continents, the ACC fronts tend to follow bottom topographic contours (see

Fig. 1.1a). This alignment can be explained by the conservation of potential vor-

ticity: to first order a barotropic flow tends to follow contours of constant f/H,

where f is the Coriolis frequency and H the total ocean depth (Vallis , 2006). It

is visible from surface SSH measured from altimetry, as well as drifter trajectories

(e.g., Lacasce, 2000) and is not limited to the Southern Ocean. Bottom topography

is therefore a first-order influence on the non-zonal component of the time-mean

path of the ACC.

1.3.2 Setting the distribution of eddies

Bottom topography also plays a role in setting the distribution of eddies (i.e. tran-

sient features). Firstly, the presence of topography can render the ACC jets unstable,

thus leading to a growth of instability and the development of eddies. Secondly, ma-

jor topographic features have been shown to reduce the variability of the jet location

(Sokolov and Rintoul , 2009a). If eddy kinetic energy (EKE) is defined to include

all transient features, a reduced variability of the jet meandering translates into a

reduced EKE field. These two effects of topography affect the spatial distribution of

the eddy field. Regions around topography show enhanced EKE (Fig. 1.3), suggest-

ing a dominant influence of locally enhanced instability processes. These locations

are also locations of increased cross-jet exchanges, as measured by drifter trajectories

(Thompson and Sallée, 2012).

1.3.3 Setting the energy dissipation and turbulent mixing

Bottom topography also plays a role in the energy dissipation occurring at small

scales. In the Southern Ocean, the energy input imparted by the strong westerly

winds at the surface is primarily dissipated through interactions with the bottom

(Sen et al., 2008; Arbic et al., 2009). The processes leading to energy dissipation in-

clude bottom drag (through the viscous boundary layer), form drag (from small scale

roughness to larger scale features), and the generation of internal waves. Internal

waves are generated by flow over topography, including deep-reaching geostrophic

eddies (Nikurashin et al., 2012). They either break locally (generally estimated at

20%) or propagate away from their source. Locations of rough topography are con-

sidered to be hotspots for internal wave breaking, energy dissipation, and turbulent

mixing (e.g., Polzin et al., 1997; Whalen et al., 2012).

8



Figure 1.3: Depth-averaged EKE (colour; m2 s−2) in the MOM 1/10° model (Stew-
art et al., 2017), with the 2500m depth contour superimposed (figure courtesy of
Kial Stewart).

1.4 Southern Ocean response to a changing cli-

mate

The Southern Ocean circulation is driven by a combination of wind and buoyancy

forcing. At seasonal, annual, and inter-annual time scales, the variability in the

eastward wind stress over the Southern Ocean, as quantified by the Southern Annu-

lar Mode, has a visible impact on the ocean circulation (e.g., Aoki , 2002; Meredith

and Hogg , 2006). Likewise, changes in forcing over longer time scales are likely to

impact Southern Ocean dynamics.

Ocean and coupled climate models are invaluable tools to investigate future

climate scenarios and the associated changes in ocean and atmosphere circulation.

Nevertheless, each model has a simplified representation of the physics governing

Earth’s climate system, and the results should be interpreted in the light of the

limitations this invariably carries. This section gives an overview of the projected

changes in Southern Ocean forcing and the response of the circulation. It aims to

outline the major expected changes, but is not a comprehensive analysis. Many

projected changes remain the topic of debate and are the focus of active research

today.
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1.4.1 Projected changes in forcing

Current and future changes in climate alter the forcing of the Southern Ocean,

through changes in both winds and buoyancy fluxes. In the last four decades,

trends of a southward shift and intensification of the westerly winds in the Austral

summer months have been observed (Marshall , 2003). Climate models project this

southward shift and intensification to continue into the future (Bracegirdle et al.,

2013). This shift in the location and magnitude of the wind forcing will impact the

Southern Ocean circulation (e.g., Langlais et al., 2015).

In addition, climate projections indicate potential future changes in buoyancy

forcing in the Southern Ocean. Less is known about the magnitude, or even the

sign, of these changes. The freshwater flux is likely to be strongly affected by

the melting of the Antarctic ice-shelves and ice sheet. Although the Antarctic ice

sheet has been melting at an accelerated rate in recent years (Allison et al., 2009),

large uncertainties remain on its current and future mass balance (e.g., Rahmstorf ,

2010; Pfeffer et al., 2008, and references within). Sea ice contributes fresh water in

Austral summer and salinity through brine rejection in winter. This seasonal cycle

is expected to remain (as long as the conditions support winter sea ice formation)

but the magnitude of associated freshwater fluxes may decrease due to reduced sea

ice volume (Sen Gupta et al., 2009).

Future temperature changes will also alter the buoyancy forcing. Current state-

of-the-art climate models suggest a surface heat gain in the ACC region into the

future (e.g., Downes and Hogg , 2013). The combination of projected heat gain and

changes in freshwater fluxes lead to a projected increased stratification in the ACC

region.

1.4.2 Response of the ACC transport

These changes in forcing are likely to impact the Southern Ocean circulation. Firstly,

we focus on the response of the volume transport of the ACC. The ACC is considered

to be in a nearly eddy-saturated state, meaning that in different conditions, the ACC

is expected to equilibrate to a new balanced state, but with a total ACC transport

similar to that of current conditions (Meredith and Hogg , 2006; Langlais et al., 2015).

The mechanism for this eddy saturation can be heuristically described in three steps:

1. the increase in wind forcing leads to a steepening of isopycnals (which leads

to increased vertical shear through thermal wind);

2. the increase in isopycnal slope makes the flow more susceptible to baroclinic

instability, thus generating baroclinic eddies;
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3. these baroclinic eddies act to flatten isopycnals (as described in Karsten et al.,

2002).

Thus, a new balance is achieved between the wind and eddy field contributions,

leaving the resulting transport and mean stratification unchanged. Note that the

predicted insensitivity of total ACC transport relies on the expectation that the

eddy field will increase with increased wind (Fig. 1.4a, c).

Wind stress (Nm-2) Wind stress multiple Wind stress multiple

a) b) c)

Figure 1.4: Sensitivity of (a) Southern Ocean EKE, (b) maximum meridional
overturning at 30°S, and (c) ACC transport to wind stress and model horizontal
resolution, from Morrison and Hogg (2013). In (b) and (c), the wind stress, over-
turning and transport have been scaled relative to the control wind stress case (0.12
N m−2). Perfect eddy compensation would be represented by a horizontal line in
(b), while perfect eddy saturation would be represented by a horizontal line in (c).

The notion of a balance between wind and eddies applies to a zonally-averaged

view. It makes no prediction about local wind and eddy energy fluxes. Although

climate projections suggest an intensification of the westerly winds around Antarc-

tica, this intensification may be non-uniform. Also, the predicted southward shift in

westerly winds adds complexity to the simple conceptual picture described above,

as the meridional location of the wind increase is an important factor in the ocean

response. Langlais et al. (2015) shows that an increase in winds above the main

ACC jets leads to increased vertical shear (and baroclinic transport), while an in-

crease in winds along the Antarctic shelf leads to a change in barotropic transport

of the shelf current. In addition to the zonally non-uniform increase in winds, the

response of the eddy field may be non-uniform. In fact, the present-day EKE is not

uniformly distributed along the path of the ACC, but shows a ‘patchy’ distribution

with enhanced values around topographic features (see Section 1.3.2). The increase

in eddy kinetic energy required to balance the ACC (in a zonally-averaged sense) in

the future may occur through further enhancement of the eddy field where eddies

are already present, and/or an increase in the number of regions presenting elevated

EKE (Patara et al., 2016).
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1.4.3 Response of the Southern Ocean overturning circula-

tion

The response of the Southern Ocean overturning circulation is crucial to our future

climate. A change in the overturning rate would affect ocean ventilation and the

ability of surface waters to take up carbon dioxide (CO2) and store it in the deep

ocean. Equally, it would impact the rate at which the ocean circulation releases

CO2 into the atmosphere from old, nutrient-rich waters upwelled from the depths.

Coupled climate models provide projections of the ocean’s response to changes in

atmospheric CO2. Studies relying on an ensemble of climate models highlight the

trends which occur robustly across a ranges of climate models. These trends include

changes in buoyancy fluxes (surface heat gain in the ACC and increased freshwater

fluxes) and wind forcing that combine to reduce the strength of the lower cell of

the MOC (Downes and Hogg , 2013). Limited observations of Southern Ocean wa-

ter masses suggest that AABW volume is shrinking (Purkey and Johnson, 2012),

consistent with a slowdown of the lower cell.

Although this trend is robust across the climate models used in the Coupled

Model Intercomparison Project (CMIP) 3 and 5, the evolution of AABW formation

and export remains a question of active research. In particular, there are known

discrepancies between our current best estimate of dense water formation processes,

and their representation in ocean or climate models. In field observations, polynyas

(areas of unfrozen sea within the ice pack) mainly occur in coastal areas (e.g., Tamura

and Ohshima, 2008) and lead to formation of dense water on the shelf, while long-

lasting polynyas in the open ocean are rarely observed (with the exception of the

1970s Weddell Sea polynya, Carsey , 1980). In contrast, Heuzé et al. (2013) reports

that open-ocean polynyas are responsible for the majority of AABW formation in

many models, resulting in biases in simulated AABW properties compared with

observations. This difference is partly due to the lack of horizontal and vertical

resolution on the Antarctic shelf to accurately represent the formation and export of

AABW (Snow et al., 2016). The fact that models are unable to represent polynyas

adequately is particularly concerning as the abrupt formation of a large polynya

may cause a strongly non-linear response in the lower overturning cell. Although

attempts have been made to reduce the occurrence of open-ocean polynyas in models

(e.g., Heuzé et al., 2015; Kjellsson et al., 2015), it is difficult to assign a large degree

of confidence to the models’ projected response of AABW to climate change.

The combination of wind increase, surface heat gain and increased freshwater

flux also impact the upper cell of the overturning. Models from CMIP3 showed

a strengthening of the upwelling of deep waters and their export southward and
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upward (Sen Gupta et al., 2009). This increase in upwelling was confirmed in the

CMIP5 models (Downes and Hogg , 2013)

Eddies also play a role in the upwelling of water masses along the isopycnals

(Marshall and Speer , 2012). Analogous to the process of eddy saturation, it is

expected that a compensating increase in southward eddy transport can make the

overturning insensitive to increases in wind stress, a process referred to as eddy

compensation. Until recently, the accepted understanding was that eddy saturation

of the ACC transport implied eddy compensation, meaning that the insensitivity of

the net ACC transport directly translated into an insensitivity of the overturning

to wind stress changes (e.g. Boning et al. 2008; Farneti et al. 2010; Hofmann

and Morales Maqueda 2011; Gent and Danabasoglu 2011). Recent advances have

challenged this understanding and provided evidence that eddy saturation and eddy

compensation are not equivalent (Meredith et al., 2012; Morrison and Hogg , 2013;

Bishop et al., 2016). In particular, Morrison and Hogg (2013) show that the eddy-

driven and wind-driven meridional transports occur over different depth ranges, with

wind operating within the mixed layer, while eddy southward transport is visible in

layers as deep as 2000m. Their findings suggest that the Southern Ocean can adjust

to a state where the ACC transport and mean stratification are left unchanged,

but where the overturning rate is significantly different. The current understanding

is that the present-day ACC is nearly eddy-saturated, but that the present-day

overturning is only partially eddy-compensated (Farneti et al., 2015; Bishop et al.,

2016). We can therefore expect a response of the overturning to changes in wind

forcing, including an increased contribution from the eddy field.
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1.5 Scope of this thesis

The goal of this thesis is to improve our understanding of the dynamical processes

underlying the interactions between ocean jets and topography, and their impact

on eddy effects. For that purpose, we focus on how eddy effects vary in location

and magnitude depending on the presence and properties of topography. We also

examine their dependence on the characteristics of the impinging jet flow, both

to inform our physical understanding of the flow-topography interactions, and to

explore how eddy effects might change if the ocean circulation were to change in

the future. In particular, this thesis focuses on how flow-topography interactions

modify:

1. the lateral mixing of a passive tracer by eddies (Chapter 2),

2. the energy pathways to deep eddy kinetic energy (Chapter 3),

3. the eddy contribution to the meridional overturning circulation (Chapter 4).

The study of these complex mean flow-eddy-topography interactions will be tack-

led by performing numerical simulations of a single jet, with properties relevant to

a Southern Ocean frontal jet, impinging on an isolated piece of topography in a

two-layer model. This set-up is a simplified representation of the Southern Ocean

circulation, where multiple ACC frontal jets encounter and interact with bottom to-

pography with a range of spatial scales. The simplicity of this representation makes

the problem more tractable, potentially allowing for a better understanding of the

governing dynamics and energetics. Limiting the vertical complexity to two layers

is a strategic choice to examine the influence of other parameters (specifically to-

pography and inflow characteristics) within the available computational resources.

It also allows a detailed layerwise analysis, rather than relying on vertically- or

density-integrated quantities.

Other aspects set our approach apart from the methods commonly used in pre-

vious studies of the role of Southern Ocean topography. Firstly, we choose to work

in a non-rentrant system, to decouple the downstream region from the upstream

forcing. This approach also enables us to investigate zonally-varying fluxes without

constraining a zonal integration of zero. Secondly, we focus our study on the dy-

namics of jet-topography interactions in the absence of wind forcing. Instead, wind

forcing is only taken into account in its effects to set up the inflowing eastward jet,

and maintain a large-scale meridional gradient of density. Both choices increase our

control over the inflowing jet (and allow us to prescribe changes in its properties),

rather than having the ocean jet constrained by the wind-dissipation equilibration
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in the channel. The approach pursued in this thesis allows for new insight into the

dynamics of jet-eddy-topography interactions compared to more commonly used

methods. However, the benefits of these novel choices go hand in hand with a need

to carefully examine the implications of the results obtained for our understanding

of more complex systems.

This thesis is composed of three main parts, each investigating a different eddy

effect. The modelling and diagnostic tools vary across these chapters, but the general

motivation and rationale driving the investigation and the methodology is consis-

tent throughout: to use simple cases of jet-topography interactions to improve our

understanding of the dynamical processes at play in setting the magnitude and lo-

cation of eddy effects in the Southern Ocean, and to infer how they might vary in

the future. A process-based understanding is essential to improve the parameteri-

sation of these eddy effects in climate models and thus take them into account in

large-scale climate projections. The specific goals and key findings of each of the

remaining chapters are summarised below.

Chapter 2

Chapter 2 examines the lateral mixing of a passive tracer by an unstable jet imping-

ing on a seamount. This study aims to address the questions:

• Does the presence of a topographic obstacle significantly increase the mixing of

a tracer by eddies?

• How is this mixing sensitive to the properties of the jet and the topography?

• Is local eddy kinetic energy an effective predictor of tracer mixing?

This study uses a 2-layer quasi-geostrophic model of an unstable ocean jet evolving

on a β-plane and impinging on an isolated seamount. We introduce a passive tracer

in the upper layer and diagnose the enhancement of lateral mixing by transient

eddies.

We find three different flow regimes. Firstly, in the absence of topography, the

flow is sufficiently unstable to generate eddies and enhance lateral mixing as it

freely evolves downstream. Secondly, in the presence of moderate topography, we

observe increased EKE and mixing intensity in the lee of topography relative to the

flat-bottom case. Finally, in the presence of steep topography, the jet-topography

interactions alter the pattern of eddy activity and mixing, with elevated EKE and

mixing strength occurring upstream and mixing suppression occurring immediately
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downstream of the topography. We find that spatially-integrated EKE and mixing

intensity tend to have similar responses to the changes in forcing parameters, but

that EKE is not a direct proxy for mixing intensity at local scales.

Chapter 3

Chapter 3 investigates how topography affects energy pathways in the ocean. In

particular, it is concerned with questions such as:

• What sets the magnitude of deep EKE in the presence of topography?

• How do the sources of deep EKE vary with the dynamics resulting from the

interactions between an unstable jet and a topographic obstacle?

We examine this problem in a two-layer Boussinesq ocean model. The model is

set up in a configuration similar to the quasi-geostrophic model used in Chapter 2,

to retain the advantage of having direct control of the inflowing jet. The reduced

complexity of a two-layer vertical structure allows a detailed analysis of the local

energy conversions in our system.

We find that the proportion of total mechanical energy stored into the deep

EKE reservoir increases in the presence of topography (compared to a flat bottom

scenario). The height and meridional extent of the topographic obstacle are both

important in setting the magnitude of the EKE at depth. Furthermore, two dis-

tinct pathways contribute to the energy conversion into deep EKE. Their relative

contribution depends on the dynamics of the system, set by the impinging jet and

topography properties. The work of eddy form stress, related to the baroclinic in-

stability mechanism, is particularly large when the inflowing jet has strong vertical

shear, and/or when the jet flows over topography of a significant height. The work

of Reynolds stress, related to the horizontal shear within the deep layer, makes a

strong contribution in the sharp, narrow barotropic stationary meanders formed

downstream of topography. These two pathways have a different sensitivity to the

jet and topography properties, and their combined contribution has to be taken into

account to predict the deep EKE response.

Chapter 4

Chapter 4 focuses on the contribution of transient eddies to the meridional over-

turning in the lee of topography. This study was motivated by questions such as:

• As topography modifies the distribution of eddies, what are the consequences

for eddy-driven overturning?
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• Can we relate the response of eddy kinetic energy and the response of eddy-

driven overturning?

To address these questions, we examine the volume transport across the time-mean

jet, relying on the model used in Chapter 3.

We find that eddies contribute to a southward volume transport across the jet

downstream of topography. This transport is closely related to the energy conver-

sion from the mean flow into the eddy field via the work of form stress, with a

southward transport occurring in regions where form stress energises the eddy field,

consistent with the growth of baroclinic instability. For high topographic obstacles,

this eddy-driven southward transport takes place in the first few meanders immedi-

ately downstream of topography, and the transport in that region increases with the

height of topography. The EKE in the lee also increases with topographic height

but, depending on the shape of the obstacle, the region of elevated EKE can extend

further downstream than the region of southward eddy transport. This difference

in the zonal distribution of EKE and overturning is due to the presence of horizon-

tal shear instability, which is a source of EKE that is not associated with cross-jet

transport. Overall, the EKE and overturning are higher in the lee of a ridge than

a seamount (which the flow can avoid by moving around it). Finally, the pres-

ence of topography can reduce the sensitivity of local overturning to changes in the

baroclinic transport of the jet, suggesting that the cross-jet southward transport

due to eddies may become more evenly distributed across locations of significant

topography in the Southern Ocean in the future.

Chapter 5

Chapter 5 bring together the results of Chapters 2-4 to highlight the insight gained

into the processes at play when an ocean jet interacts with topography. We discuss

their implications and suggest further research.
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Chapter 2

Impact of jet-topography

interactions on Southern Ocean

lateral eddy mixing

Abstract

The Southern Ocean is a region of strong eastward flow and intense eddy activity.

Topography plays an important role in steering the flow and setting the location

of enhanced eddy activity, thereby controlling the local circulation and the merid-

ional transport of tracers such as heat and nutrients across the mean current. This

theoretical study investigates the eddy activity and mixing of tracers resulting from

interactions between an ocean jet and simple topography. Using a quasigeostrophic

two-layer ocean model, an unstable jet is forced to impinge on topography, in a

configuration relevant to an Antarctic Circumpolar Current frontal jet. The sensi-

tivity of the eddy activity and mixing of tracers to changes in topography and flow

parameters is examined. When topography is present, eddy kinetic energy (EKE)

and mixing are enhanced in the region downstream of topography compared to a

flat-bottom case. This increase in both metrics depends upon the properties of the

inflowing jet and the height of the topography. A stronger jet at the inflow leads to

greater EKE and mixing downstream. Similarly, higher topography leads to greater

EKE and mixing downstream for a range of intermediate topographic heights. Be-

yond a critical topographic height, there is a change in the flow regime: mixing

downstream is suppressed and strong mixing occurs upstream of topography. Lat-

eral mixing and EKE are correlated when they are spatially averaged, but not at

local scales. These results suggest that the influence of eddies and topography on

patterns of lateral mixing is more complicated than previously thought.
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2.1 Introduction

The Southern Ocean is characterised by strong eastward flow in the Antarctic Cir-

cumpolar Current (ACC) and fronts with large meridional gradients of water prop-

erties (Orsi et al., 1995). Lateral mixing due to eddies across Southern Ocean fronts

makes a significant contribution to the global scale meridional fluxes of heat, carbon,

and nutrients (Sokolov and Rintoul , 2007; Sallée et al., 2008). However, eddy dy-

namics are complex, and it remains unclear which processes are dominant in setting

the location and intensity of mixing along the path of the ACC. Identifying these

processes is essential to 1) understand the distribution of eddy activity, 2) estimate

the contribution of eddy stirring to cross-frontal fluxes, and 3) anticipate how mixing

might respond to changes in Southern Ocean circulation in future climate scenarios.

Although the circumpolar nature of the Southern Ocean makes it amenable to

zonally averaged studies, the dynamics of the ACC and its eddy activity are strongly

heterogenous along any given latitude circle (Fu, 2009). In particular, topography

plays a fundamental role in setting the spatial distribution of eddy activity and

diffusivities (Lu and Speer , 2010; Sallée et al., 2011; Thompson and Sallée, 2012).

Many studies report eddy mixing to be enhanced downstream of major topographic

features such as the Kerguelen Plateau, the Campbell Plateau or the Macquarie

Ridge. For example, Thompson and Sallée (2012) link these regions to intensified

cross-front exchange of floats, with ‘more than 75% of crossing events occurring in

regions corresponding to only 20% of the ACC’s zonal extent’.

Previous studies have contributed to our theoretical understanding of how topog-

raphy can influence the distribution of eddy activity and eddy-induced mixing in the

Southern Ocean. In a flat-bottomed Southern Ocean, the flow would self-organise

into zonal jets (with a separation of the order of the Rhines scale). In the presence

of topography, these jets are deflected by the topographic slope to conserve angular

momentum. Thus, the jets acquire a non-zonal component in velocity, which makes

them more unstable (Pedlosky , 1963). The instabilities that develop along the jets

can then lead to intensified eddy activity and eddy-induced mixing.

The presence of jets interacting with topography also leads to the development

of stationary barotropic Rossby waves in the lee of topography (Hughes , 2005),

which are prevalent in the Southern Ocean. Although these meanders are generally

described in terms of linear waves (which do not contribute to irreversible mixing),

they can contribute to enhanced mixing in at least two ways. Firstly, these waves can

stretch tracer contours, allowing small-scale diffusion to act on narrow, elongated

filaments with enhanced tracer gradients, thus increasing the effective mixing in the

region. Secondly, the meanders are finite-amplitude perturbations that can cause
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the local flow to be more baroclinically unstable (Bischoff and Thompson, 2014),

allowing the growth of non-linear transient eddies that feed back on the jet (Williams

et al., 2007) and enhance the mixing of tracers. In particular, Abernathey and Cessi

(2014) have shown that the standing meander generated by flow over a ridge leads

to enhanced eddy activity and meridional heat flux downstream of the ridge, while

flow over a flat bottom generates a more homogenous eddy activity. Thus, while

the dynamics of these regions of enhanced eddy activity downstream of topography

are not directly sensitive to the structure of the standing meander (Chapman et al.,

2015), the standing meander contributes to setting an environment favourable to

the baroclinic instabilities which can lead to enhanced lateral mixing.

There are contradictory expectations regarding the intensity of eddy mixing in

regions of strong flows. On the one hand, regions of strong flows show high EKE,

which we expect will co-locate with intense mixing, as argued by Stammer (1998)

and Ferreira et al. (2005). On the other hand, theoretical studies such as Ferrari

and Nikurashin (2010), Marshall et al. (2006) and Abernathey et al. (2010) have

suggested that mixing is suppressed in the core of strong jets. These apparently

conflicting views are not necessarily incompatible. In fact, idealized model stud-

ies (Thompson, 2010) and observations (Shuckburgh et al., 2009; Naveira Garabato

et al., 2011; Lu and Speer , 2010) have found both regions where strong flows sup-

pressed mixing, and areas where mixing is enhanced due to the interactions of strong

flows with bottom topography, suggesting that both paradigms are relevant, but in

different places.

The potential link between EKE and the intensity of eddy mixing leads to the

practical question of whether surface EKE (which can be measured from satellite) is

a good indicator of mixing intensity. While some observational studies have shown

a strong correlation between EKE and cross-stream eddy diffusivity (Sallée et al.,

2008; Thompson and Sallée, 2012), others suggest EKE is not a robust indicator

of strong mixing regions (Jayne and Marotzke, 2002; Shuckburgh et al., 2009). The

mixing length theory proposed by Ferrari and Nikurashin (2010) takes into account

both the effect of EKE and of the mean flow on the mixing length, and thus on eddy

diffusivity. In this way, it proposes a functional dependence of the eddy mixing rate

on EKE, taking mean flow mixing suppression into account.

In this chapter, we address the questions of how a jet interacting with topog-

raphy can generate eddies, and if and how that eddy activity results in enhanced

lateral mixing. We take the approach of using an idealised model which allows a

direct control of the topography and inflowing jet characteristics to explore a wide

range of parameter space, and where dynamics and mixing of tracers can be studied
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conjointly. Specifically, we study a model of a zonal unstable jet in a 2-layer ocean

to systematically quantify mixing of a passive tracer in the vicinity of a Gaussian

seamount. The changes that occur in EKE and the mixing of tracer when topog-

raphy is introduced are quantified, alongside their dependence on parameters such

as topographic height, inflowing jet velocity and inflowing jet stability. Mapping

out the EKE and mixing responses for a range of jet and seamount configurations

highlights the parameters making a dominant contribution, as well as the thresholds

between different dynamical regimes.

Section 2.2 describes the model and metrics used to quantify eddy activity and

eddy-induced mixing. The effects of jet-topography interactions on these metrics

are presented in Section 2.3, where the response of EKE and mixing in the lee of

topography is examined as a) topography of various heights is introduced, and b)

the inflow velocity is changed. Section 2.3.3 provides a more in-depth analysis of

the contribution of the region upstream of topography, while Section 2.3.2 presents

the response of our metrics to a change in inflowing jet stability. Results and their

implications are further discussed in Section 2.4.

2.2 Methods

2.2.1 Governing equations

We use a quasigeostrophic model of a boundary-forced unstable jet on a β-plane as

described in Waterman and Jayne (2011). The model is fully nonlinear with spatial

and temporal dependence. It solves the non-dimensional quasigeostrophic potential

vorticity (PV) equations in the upper (1) and lower (2) layers, with the lower layer

including the effects of topography and linear bottom drag:

D

Dt
(qi) = AL ∇4ψi − AB ∇6ψi −R∇2ψi δi,2, where i = 1, 2. (2.1)

Here, δi,j is the Kroenecker delta, qi is the non-dimensional potential vorticity in

each layer, and ψi is the non-dimensional layer streamfunction. AL and AB are the

non-dimensional Laplacian and biharmonic friction coefficients respectively that set

the horizontal friction in each layer, and R is the non-dimensional linear bottom

drag coefficient.

Under the assumptions of quasigeostrophy, the layer-wise potential vorticity can

be expressed as follows:

q1 = ∇2ψ1 + βnd y −
1

B1

(ψ1 − ψ2), (2.2)
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q2 = ∇2ψ2 + βnd y +
1

B2

(ψ1 − ψ2) + Atopo h, (2.3)

where y is the non-dimensional latitude, βnd is the non-dimensional beta parameter

and Bi is the i-th layer Burger number. The non-dimensional beta parameter can

be expressed as βnd = L2

V
β, with L and V being the dimensional horizontal length

and velocity time scales respectively, and β being the dimensional planetary vor-

ticity gradient. The inverse Burger number is 1
Bi

= f02L2

g′Hi
where f0 is the Coriolis

parameter, g
′
= g ρ2−ρ1

ρ2
is the reduced gravity (with g being the gravitational accel-

eration and ρi being the density of the i-th layer) and Hi is the i-th layer depth.

The topographic contribution includes the non-dimensional topographic amplitude

Atopo = f0L
V

Htopo

H2
(with Htopo being the maximum dimensional height of topography),

and the non-dimensional slope of topography h(x, y).

2.2.2 Numerics and implementation

At each time step, the rate of change in baroclinic and barotropic vorticity is cal-

culated from (2.1) using the vorticity (q1, q2) and streamfunction (ψ1, ψ2) fields in

each layer. After forward-stepping in time the barotropic and baroclinic equations

using a third-order Adams-Bashforth scheme (Durran, 1991), the relative vorticity

is inverted using the generalized Buneman algorithm (Adams et al., 1988) to obtain

the barotropic and baroclinic streamfunctions at the next time step. From these,

we compute the individual layer streamfunctions. The integration is done using a

cell-centred differentiation (A-grid) and the vorticity-conserving advection scheme

from Arakawa (1966).

2.2.3 Forcing and boundary conditions

The model configuration is presented in Fig. 2.1. The spatial resolution is set to a

grid spacing of 0.2 non-dimensional units of length (ndul), allowing the inflowing

jet width to be well-resolved. Horizontal viscosity in the interior is Laplacian and

biharmonic, with AL = 5 × 10−4 and AB = 3 × 10−4. The magnitude of these

coefficients is set to reduce numerical noise while keeping the frictional contribution

to interior dynamics negligible compared with other terms in the vorticity balance.

The model is integrated in time until it reaches a quasi-equilibrium state, indicated

by stable total energy and enstrophy integrated over the full domain. After this

state is reached, turbulent statistics are accumulated over the following 10 000 non-

dimensional units of time (ndut), which is equivalent to a dimensional period of 20

years for the dimensional scales L and V relevant to a Southern Ocean jet. This
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time scale far exceeds the dynamical time scales such as an eddy life time within

the domain.

The model is forced at the western boundary by imposing a prescribed ψ profile at

x = 0, setting an inflowing jet with a Gaussian eastward velocity profile. A broader

outflowing jet is prescribed at the eastern boundary to ensure mass is conserved

within the domain. A region of adjustment, referred to as a sponge layer, is set at

the eastern boundary to allow the flow to adapt to the outflow condition imposed

at the boundary via additional friction. Similar sponge layers are present at the

northern, southern and western boundaries (see Fig. 2.1) to prevent waves reflecting

back into the interior and affecting the area of study. Dynamics are examined in

the interior of the domain away from the sponge layers and outflow conditions are

varied to ensure results are independent of the chosen outflow condition.

Figure 2.1: Model set-up. The domain is a 2-layer non-reentrant channel of di-
mensions 300×80 non-dimensional units of length (ndul). The horizontal resolution
is 0.2 ndul. When present, the topography (red contours) has a typical radius of
5 ndul, is located in the lower layer and centered at (x = 60; y = 0). Sponges
layers (grey) include a restoring term that allows the fields to be readjusted near
the boundaries and avoid wave reflections. The jet (upper layer: blue, lower layer:
green) is forced at the western boundary as an unstable velocity profile, and the
corresponding transport is removed at the eastern boundary to ensure mass conser-
vation.

2.2.4 Experiment design

We design a reference configuration using scales relevant to an ACC jet, around

which to vary the governing parameters. By setting the dimensional spatial and

velocity scales L and V to 50 km and 0.8 m/s respectively, the inflowing jet has

a dimensional width of O(100 km) and a peak upper-layer velocity of 0.8 m/s,
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consistent with in situ observations of branches of the Subantarctic and Polar Fronts

seen north of the Kerguelen Plateau in the Southern Ocean FINEstructure project

(Waterman et al., 2013). The lower layer velocity has a profile similar to that of

the upper layer, but its peak velocity is set to 10% of that of the upper layer. The

vertical and horizontal shear imposed at the inflow meet the necessary condition for

instability in a two-layer model (as defined in Pedlosky , 1963). The layer depth ratio

is set to 1:4, corresponding to a thermocline depth of 1000 m in a 5000m-deep ocean.

These scales imply a baroclinic Rossby radius of deformation Rd ≈ 45km. They

imply a Rossby number of O(0.1), justifying the use of quasigeostrophic equations.

The topography in the model is a Gaussian bump with an e-folding length scale

and amplitude corresponding to 250 km and 64 m respectively using the above

dimensional scaling, positioned 3000 km from the inflow. The height of 64 m is

two orders of magnitude smaller than the lower layer depth of 4000 m, well within

the limits of the assumption of small topography required for the quasigeostrophic

approximation.

The parameters defining the peak inflowing jet velocity (umax), inflowing jet sta-

bility (βnd), and topography height (h) are then varied to examine the changes in

circulation and mixing resulting from changes in jet and/or topography characteris-

tics. The range of values covered in the suite of simulations performed is summarised

in Table 2.1. Unless otherwise specified, the sensitivity analysis performed is one-

dimensional, i.e., all other parameters are maintained at their default values while

the parameter of interest is varied. To stay within the limits of the quasigeostrophic

assumption, we limit the height of topography to values lower than 640 m. The range

of heights we consider is smaller than that observed in the Southern Ocean, and the

findings of this study need to be complemented with those from a study using a

configuration with higher topography and governed by the primitive equations.

Table 2.1: Parameter values (non-dimensional and the corresponding dimensional
values) used in the control run and the subsequent sensitivity analysis.

Parameters
Control Run Range

non-dim dim non-dim dim

h0 0.1 64 m 0.0-1.0 0-640 m
u1 1.0 0.8 m s−1 0.1-1.6 0.08-1.28 m s−1

u2 0.1 0.08 m s−1 0.0-1.0 0.0-0.8 m s−1

β 0.02 6.4 ×10−12 m−1 s−1 0.01-0.03 3.2-9.6 ×10−12 m−1 s−1
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2.2.5 Mixing diagnostic

As we wish to examine the spatial distribution of the eddy mixing rates and mech-

anisms relative to the jet and topography, our mixing diagnostic must retain that

information. Diagnostics such as the Nakamura diffusivity (Nakamura, 1996, 2001),

which require averaging along streamlines, cannot diagnose mixing rates locally so

are not appropriate for our specific purposes. Instead we use a mixing metric based

on the Osborn-Cox diffusivity (Osborn and Cox , 1972), KOC , which quantifies the

down-gradient isopycnal eddy diffusivity associated with irreversible mixing and can

be defined locally. The Osborn-Cox diffusivity is derived from the variance budget

of tracer, c, by considering the term that represents the irreversible mixing, κ|∇c′ |2,

where κ is molecular or sub-grid scale diffusivity, and normalising it by the back-

ground tracer gradient (c.f. Abernathey and Marshall (2013) for a full description).

The non-dimensional metric of mixing intensity used in this study is obtained

by scaling the Osborn-Cox diffusivity by the specified sub-grid scale diffusivity κ:

mixing intensity =
|∇c′ |2

|∇c|2
(2.4)

where c is the time mean tracer concentration, and |.| denotes the norm |x|2 =

x1
2 + x2

2. This metric can be interpreted as the ratio of the total irreversible

isopycnal mixing to the local diffusion due to sub-grid scale processes; that is, the

enhancement of small-scale isopycnal mixing due to the tracer gradients created by

stirring.

Unlike other mixing metrics (e.g., Nakamura, 1996), determining mixing inten-

sity in this way does not rely on the assumption that eddy fluxes are down-gradient.

Rather, it simply isolates the down-gradient component of their contribution. A

known issue with normalising mixing intensity by the time-mean gradient is that it

generates spurious high values of mixing in locations where this background tracer

gradient ∇c is low. In our set-up however, the tracer gradient is sufficiently main-

tained within the jet core to use this diagnostic in this region. Calculating mixing

intensity along the jet axis provides a simple metric to determine the contribution

of small-scale processes due to eddies to the resulting irreversible mixing, and to

compare their effect in different configurations. One has to keep in mind that this

diagnostic quantifies the resulting irreversible mixing locally, but that both local

and non-local mixing processes can contribute to it.
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2.3 Results

2.3.1 Impact of topography height

We begin by examining the influence of topography height on the jet’s behaviour

and the resulting eddy activity and eddy mixing. Simulations are performed with

the inflow prescribed by the default conditions as described in Section 2.2.3 (see

Fig. 2.1), while normalised topographic height h is varied from 0.0 to 1.0.

Qualitative description of the circulation

Three cases with differing topographic height are compared to illustrate distinct

regimes: 1) flat-bottom (h = 0.0), 2) moderate topography (h = 0.1), and 3) large

topography (h = 0.5). For each case, a snapshot of the instantaneous upper layer

streamfunction ψ1 is mapped in colour in Fig. 2.2 to illustrate the behaviour of

the jet. This figure also shows the time-mean position of the ψ1 = 0 streamline

indicating the position of the time-mean jet axis (white line).

In the absence of topography (Fig. 2.2a), the zonal flow develops instabilities

leading the jet to meander downstream of x ≈ 90 ndul. Eddy rings are shed from

these downstream meanders and propagate westward on the flanks of the jet. While

finite amplitude meanders of the jet are visible in the instantaneous snapshots of

ψ1, the time-mean jet remains zonal. With moderate topography (Fig. 2.2b), the

perturbation in the potential vorticity balance produced by the topography in the

Figure 2.2: Instantaneous upper-layer stream function ψ1 (color) and time-mean
jet axis (white line) for a) the case of no topography, b) the h = 0.1 moderate
topography case, and c) the h = 0.5 high topography case.
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lower layer is transmitted to the upper layer via interfacial form stress. The jet is

destabilised by the topography, and the onset of jet meanders occurs immediately

downstream of the topographic obstacle. When the height of the topography is

further increased (Fig. 2.2c), the jet begins meandering before it reaches the obstacle.

A sharp meander of the jet is visible at x = 30, and a strong, persistent recirculation

occurs above the topography at x ≈ 60. Eddy rings are again shed from the sharp

meanders and in the downstream region, in a manner qualitatively similar to the

cases of lower topographic height.

While the instantaneous snapshots of the circulation shown in Fig. 2.2 are qual-

itatively similar in many respects, comparing the time-mean flow in the three sim-

ulations highlights important differences. These differences are seen more clearly

in the time-mean upper-layer stream functions represented by the black contours

in Fig. 2.3. When topography is present (Fig. 2.3b,c), meanders are present in the

time-mean flow suggesting the presence of a stationary wave downstream of topog-

raphy. In the case of moderate topography (Fig. 2.3b), this stationary wave has a

dimensionless wavelength of 16 ndul, similar in magnitude to the diameter of the

topography which has a dimensionless scale of 10. The wave amplitude decreases as

the jet gradually widens downstream. When the topography is steeper (Fig. 2.3c),

the time-mean meanders have a similar wavelength and amplitude, but the flow in

the first meanders (60 < x < 110) is more strongly constrained by topography, thus

Figure 2.3: Time-mean EKE (colour) and time-mean upper-layer stream func-
tion ψ1 (black contours) for a) the case of no topography, b) h = 0.1 (moderate
topography), and c) h = 0.5 (high topography). The white dashed box outlines
the downstream region. The white solid line is the time-mean jet axis, along which
mixing intensity is calculated.
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forming a sharper jet.

Figure 2.3 also highlights the changes in the surface EKE across the different

regimes, which is in general enhanced in the jet core region and evolves zonally. The

zonal location of the maximum in EKE shifts upstream from x ≈ 130 to x ≈ 90

with the addition of topography (compare Fig. 2.3a with Fig. 2.3b). In the case

of large topography (Fig. 2.3c), local maxima in EKE occur both upstream and

downstream of the topography. We examine the downstream evolution of EKE in

the next section; discussion of the upstream evolution will be deferred until Section

2.3.3.

EKE and eddy mixing downstream of topography

Figure 2.4a shows the zonal evolution of surface EKE downstream of the topography,

integrated meridionally across the region defined by the white dashed box in Fig. 2.3

for h = 0.0 (black line), h = 0.1 (blue line) and h = 0.5 (red line). In each case, EKE

increases rapidly with x, then decays slowly. The peak magnitude of EKE increases

by 70% with the introduction of moderate topography relative to the flat-bottom

case (compare the black and blue lines), but returns to the flat-bottom value when

the topographic height is further increased (red line). The profile of eddy mixing (as

defined by (2.4)) along the time-mean jet axis has a similar zonal evolution to EKE,

as shown by the dashed lines in Fig. 2.4b. The peak value of mixing shifts upstream

and increases in magnitude (by 25%) when moderate topography is introduced, and

reverts to values similar to the flat-bottom case when the topography is high.
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Figure 2.4: Zonal evolution of a) EKE and b) eddy mixing intensity, as defined
in (2.4), in the downstream region for h = 0.0 (black), h = 0.1 (blue) and h = 0.5
(red). c) Evolution of EKE (solid line) and eddy mixing intensity (dashed line)
summed over the downstream region, for h varying from 0.0 to 1.0.
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Although EKE and eddy mixing intensity downstream of topography have subtle

differences in their zonal evolution (principally, mixing enhancement occurs further

downstream than the EKE increase, which will be further discussed in Section 2.4),

the presence of topography affects both metrics similarly. Figure 2.4c shows that the

total surface EKE (solid line) and the mixing intensity along the jet axis (dashed

line) integrated over the downstream region have the same nonlinear response to

changes in topographic height. Here, we can distinguish three different regimes. In

the first regime, for h = 0.0− 0.1, the EKE and mixing intensity in the downstream

region increase with increasing topographic height. This response is consistent with

our expectation that topography acts to destabilise the jet, thereby creating a more

energetic eddy field and enhanced eddy-induced mixing. A second, less intuitive,

regime for h = 0.1 − 0.3 includes a decrease in both EKE and mixing intensity,

while in a third regime (h > 0.3) both quantities increase with h, until they reach

saturation for large h values. The decrease in downstream mixing intensity seen

in the second regime appears to correlate with the onset of upstream instability

(discussed in Section 2.3.3) and the sharpening of the jet immediately after the

topography. The sharpened jet and associated eddy suppression act to reduce mixing

in the downstream region in the first few meanders of the jet (60 < x < 110). Once

the sharp jet is established, the EKE and mixing intensity increase with topographic

height once again, mostly in the region past the first few meanders (x > 110).

2.3.2 Influence of the inflowing jet velocity on topographic

impact

While isolating the effect of topographic height on the EKE and mixing distributions

resulting from jet-topography interactions is a useful first step, these interactions

do not depend only on this variable. To examine how eddy activity and mixing

intensity downstream depend on the characteristics of the jet that interacts with

the topography, a second series of simulations are performed, varying umax (the

dimensionless maximum zonal velocity of the inflowing jet forced in the upper layer)

from 0.1 to 1.8. The height of topography is selected among the three cases detailed

previously (h = 0.0, h = 0.1 and h = 0.5).

Figure 2.5 shows the evolution of the upper layer EKE (Fig. 2.5a) and mixing

intensity (Fig. 2.5b) integrated over the downstream region as a function of umax

for h = 0.0 (black line), h = 0.1 (blue line) and h = 0.5 (red line). For a given

topographic height, the downstream EKE (Fig. 2.5a) increases monotonically with

the inflowing jet velocity umax. This increase in EKE is slow for weak inflows

(umax ≤ 0.5) and rapid (scaling quasi-linearly with umax) for stronger inflows.
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Figure 2.5: Evolution of a) EKE and b) eddy mixing intensity summed over the
downstream region, with zonal jet velocity scale umax (dimensionless) varying from
0.1 to 1.8, for h = 0.0 (black), h = 0.1 (blue) and h = 0.5 (red).

The influence of umax upon EKE is broadly similar for all three cases of topo-

graphic height, but the magnitude of the EKE increase is different in each case

(compare the slopes of the three lines in Fig. 2.5a), with a large topography (red

line) leading to an earlier but slower increase in EKE compared to lower topogra-

phy cases. For small values of umax (≤ 0.5) topography does not have a significant

influence on EKE downstream. For 0.5 < umax ≤ 1.6, we see a regime in which

topography increases the downstream EKE compared to a flat-bottom case. Within

this regime, there is no significant difference between the moderate (h = 0.1) and

high (h = 0.5) topography case for umax ≤ 0.8, while the higher topography leads

to a smaller increase in EKE downstream when umax > 0.8 (as shown in Fig. 2.4c).

For very large values of umax ( ≥ 1.6), the downstream EKE is independent of

topography height.

The inflowing jet velocity also affects mixing intensity inside the jet (Fig. 2.5b).

The response of mixing intensity downstream to changes in umax is qualitatively sim-

ilar to that of EKE, in that several regimes are present, depending on the magnitude

of umax. For small values of umax, the mixing intensity downstream is not signifi-
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cantly affected by topography. When the inflowing jet is stronger (0.5 < umax ≤ 1.4),

the presence of topography increases mixing intensity downstream relative to a flat

bottom case, with the higher topography showing signs of mixing suppression when

umax ≥ 0.8. For very strong flows (umax ≥ 1.6), our results suggests that the mixing

downstream reaches saturation.

Overall, this series of simulations shows that a stronger impinging jet will lead

to stronger eddy activity and mixing downstream of topography, but that the jet

strength also modulates the response of these metrics to topography.

2.3.3 Upstream influence on downstream mixing

Contribution of the upstream region

In sections 2.3.1 and 2.3.2, we have identified a flow regime in which a further

increase in topographic height beyond a certain value leads to a decline in both

EKE and mixing downstream. This decline is correlated with significant changes

in the circulation upstream of topography, such as the presence of meanders and

a stationary recirculation over the obstacle (Fig. 2.2). In this section, we revisit

previous analyses, taking into account both the upstream and downstream regions

to investigate how the upstream behaviour modulates the eddy activity and eddy-

induced mixing found downstream. We limit this part of the study to cases with

the inflowing jet velocity set to the default value.
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Figure 2.6: Zonal evolution of a) EKE and b) eddy mixing intensity for h = 0.05
(dark blue), h = 0.1 (blue), h = 0.2 (purple), h = 0.3 (pink), and h = 0.5 (red).
The red vertical dotted line marks the location of the topography. c) Dependence
of EKE (solid line) and eddy mixing intensity (dashed line) summed over the whole
domain on h, for h varying from 0.0 to 1.0.
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Figure 2.6 shows the zonal evolution of the meridionally-averaged EKE (Fig.

2.6a) and mixing intensity along the jet axis (Fig. 2.6b) for h = 0.1 (blue), h = 0.2

(purple), h = 0.3 (pink) and h = 0.5 (red) now including both the regions upstream

and downstream of topography. The red vertical dashed line marks the centre of

topography, thus separating the upstream and downstream region. A marked change

in the zonal distribution of EKE in the domain as h is varied (Fig. 2.6a) highlights

the transition between two distinct regimes. When h ≤ 0.1, the EKE signal shows

a single broad peak which occurs downstream of topography, as illustrated by the

h = 0.1 case (blue line). For h > 0.2, the signal becomes bimodal, with peaks in

both the upstream and the downstream regions. As the height of topography is

further increased in this regime, the magnitude of the upstream EKE peak is anti-

correlated to that of the downstream peak. Zonal variations in mixing intensity,

presented in Fig. 2.6b, show a response qualitatively similar to that of EKE.

This relationship between the upstream and downstream behaviour perhaps

better understood via the metrics summed over the full domain (10 < x < 250)

(Fig. 2.6c). The full basin-integrated upper-layer EKE shows a rapid increase with

h up to h = 0.2 (most of which occurs in the downstream region, as illustrated in

Fig. 2.4), then plateaus with less than 5% variation in EKE from h = 0.4 to h = 1.0.

The decrease in downstream EKE (visible in Fig. 2.4) is offset by the increase in the

upstream region. Similarly, the full basin-integrated mixing intensity shows a gen-

eral increase before reaching a plateau for h ≥ 0.5. The increase in total mixing as

h is varied from 0.0 to 0.2 is due to an increase in mixing in the downstream region,

while the increase in total mixing as h is varied across h = 0.3 − 0.5 is due to an

increasing contribution of mixing in the upstream region (Fig. 2.6b). The upstream

contribution shifts from 10% of the basin-integrated EKE (and less than 1% of the

mixing) when h = 0.1, to 20% of EKE (and 25% of mixing) in the h = 0.8 case. In

the large topography regime, the behaviour downstream therefore cannot be stud-

ied in isolation, as upstream instabilities limit the eddy activity and eddy-induced

mixing occurring downstream.

Dynamics of the upstream region

When topography is large enough (e.g., h ≥ 0.3), the EKE and mixing in the up-

stream region (x = 10−60) make a significant contribution to the total eddy energy

and mixing in the domain. To investigate the dynamics of the upstream region in

that regime, we apply Hilbert transform Empirical Orthogonal Functions (EOFs)

to the upper layer streamfunction field ψ1. Calculating these EOFs is a statistical

method that highlights spatial patterns of simultaneous variation by decomposing
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the variability of a given field into orthogonal modes of decreasing contribution.

These modes are fixed patterns of the upper layer streamfunction, ψ̂1
i, associated

with time-varying coefficients α̂i,t. Though the decomposition is purely statistical,

the spatial structure and temporal evolution of the dominant modes of variability

can provide insight on the characteristics of the physical drivers of this variabil-

ity. In particular, Hilbert transform EOFs (which complexify a field by adding its

Hilbert transform as an imaginary component) can highlight propagating modes of

variability which are otherwise difficult to identify (von Storch and Zwiers , 2003).

We consider the first Hilbert EOF mode for the h = 0.5 case and find that this

mode accounts for 44% of the variability of ψ1 in the upstream region and shows

a feature propagating westward. This westward propagation can be established

by examining the characteristics of mode 1 presented in Fig. 2.7. The principal

components (Fig. 2.7a) show a quasi-periodic feature of dimensionless period 170,

with the real part leading the imaginary part of the mode. The spatial pattern

present in both the real component (plotted in colour in Fig. 2.7b) and the imaginary

component (Fig. 2.7c) has a dimensionless zonal wavelength of 7. Recombining the

spatial patterns with their temporal coefficients to reconstruct the variability of ψ1,

which to first-order can be approximated as

ψ1
′(t) = <(

k∑
i=1

α̂i,t ψ̂1
i) ≈ <(α̂1,t) <(ψ̂1

1)−=(α̂1,t) =(ψ̂1
1),

shows that this wave-like feature is propagating westward.

This westward propagating feature is maximum on the northern flank of the jet,

but at x ≈ 25 extends into the jet core (Fig. 2.7b), implying a jet-wave interaction

in the upstream region. This result suggests that the wave perturbs, and thereby

destabilises, the flow in the jet core in the upstream region, a scenario which is

consistent with the increased EKE and jet meandering observed in the upstream

region in these cases. In cases with smaller topography, the main mode of variability

upstream is constrained to the region of the jet core (not shown), consistent with a

strengthening/weakening or meridional displacement of the jet.

The physical picture of an upstream propagating signal in the high topography

regime suggested by the EOF analysis is consistent with an examination of the

time evolution of the upper layer circulation. As described in Section 2.3.1, in all

cases, we see eddy rings being shed from the jet (see Fig. 2.2) and propagating

upstream. In the case of high topography, these eddies are preferentially generated

near topography, propagate westward, and interact directly with the jet core in the

upstream region. In contrast, when topography is lower, the eddy rings are shed
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Figure 2.7: a) Time evolution of the principal component α̂i,t of the first Hilbert
transform EOF mode of ψ1 in the upstream region for h = 0.5, with its real part
(blue) and imaginary part (red). b) Corresponding spatial pattern of the first Hilbert
transform EOF mode (left: real part; right: imaginary part) of ψ1. The first complex
mode accounts for 44% of the total variance.

from the meanders downstream of topography. In this case, the eddies either interact

with the jet in the downstream region or are sufficiently distant from the jet that

they propagate freely to the western boundary without interacting with the jet that

spawned them.

2.3.4 EKE and mixing intensity saturation

Parameter studies varying h suggest that basin-integrated surface EKE reaches a

saturation level for topographies as small as h = 0.2, while mixing intensity satu-

rates for topography heights greater than h = 0.5 (see Fig. 2.6). A similar result is

obtained when the inflowing jet characteristics are changed by varying βnd, which

effectively varies the degree of instability of the inflowing jet by varying the magni-

tude of the jet’s horizontal shear relative to the planetary β parameter (Fig. 2.8).

When βnd is reduced, the jet forced at the inflow is more unstable, and we expect
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a more rapid growth of instabilities. The response of surface EKE and mixing in-

tensity to changes in βnd are presented in Fig. 2.8, for h = 0.0 (black), h = 0.1

(blue) and h = 0.5 (red). As expected, decreasing βnd enhances eddy energy and

mixing intensity for cases with no or moderate topography. The high topography

case (h = 0.5), however, shows effectively no change in basin-integrated EKE when

βnd is decreased from 0.03 to 0.016, while mixing doubles (compare the red line in

Fig. 2.8a and Fig. 2.8b). This suggests that large topography perturbs the flow and

generates a surface eddy field of comparable intensity regardless of how unstable the

inflow is (within the range studied here). The mixing due to these eddies, on the

other hand, remains dependent on βnd. This result demonstrates that the surface

EKE is not necessarily a robust indicator of where the eddy mixing occurs. The

differences in response between EKE and mixing intensity should be examined in

further detail but this is out of the scope of this study.
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Figure 2.8: Evolution of a) EKE and b) eddy mixing intensity summed over the full
domain, with βnd varying from 0.01 (jet more unstable) to 0.03 (jet less unstable),
for h = 0.0 (black), h = 0.1 (blue), and h = 0.5 (red).
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2.4 Discussion

A series of idealised model simulations were performed to investigate the properties

of EKE and eddy-induced mixing resulting from the interaction between an unstable

jet and topography. The intent of the idealised configuration is to allow the study

of a simplified case, with a single piece of topography and a prescribable inflowing

jet, thus allowing for a meaningful examination of the impact of jet-topography

interactions across a range of parameters. The cases analysed in this study do not

match specific Southern Ocean locations, but the realistic scaling of the default

parameters ensures we are gaining physical insight relevant to the real circulation.

Our analysis provides evidence that, in this configuration, the presence of to-

pography leads to enhanced eddy energy and mixing downstream compared to a

flat-bottom case. The enhancement in eddy energy is consistent with previous the-

oretical and numerical studies and with satellite observations which indicate zones

of high surface EKE in the lee of major topographic features in the Southern Ocean

(Sallée et al., 2008; Shuckburgh et al., 2009; Thompson, 2010; Lu and Speer , 2010;

Naveira Garabato et al., 2011; Sallée et al., 2011; Thompson and Sallée, 2012).

However, in our simplified model, we also observe a flow regime in which EKE and

mixing is enhanced upstream of topography when the height of topography exceeds

a certain threshold. In these instances, EKE and mixing downstream are reduced

relative to cases with lower topographies. In these cases, analysing only the down-

stream region can be misleading as metrics related to eddy energy and eddy mixing

intensity may be lower than expected. It is thus helpful to study the upstream and

downstream regions conjointly. Few observational studies have focussed on the pres-

ence of significant EKE or mixing upstream of topography. This raises the question

of whether the flow regimes identified in this study, particularly the one described

in Section 2.3.3, are readily observable in modern-day Southern Ocean circulation.

It should be noted that the intensity of the mixing and EKE occurring in the

upstream region (such as the sharp peaks shown in Fig. 2.6b) may be partially

attributed to our model design. As the jet profile is held fixed at the western

boundary, the westward propagating feature that dominates the variability in the

high topography cases must alter the flow in the region between the boundary forcing

and the topography. In the real ocean, the rearrangement of the jet due to this

perturbation can take place further upstream, and interactions with other features

of the circulation or the topography would lead to a signal much more difficult to

track and attribute to a specific topographic source. While strong upstream mixing

cannot be directly inferred from the observations we have today, a rearrangement of

the flow due to topography-generated perturbations propagating upstream cannot be
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ruled out. The flow regimes identified in this idealised model need close examination

in more comprehensive models.

In this study, we have examined EKE and eddy mixing intensity conjointly as two

distinct metrics. Our results can provide insight on the parallels between the two, in

particular on whether EKE can be a good proxy for mixing intensity. This question

is significant, as surface EKE is routinely measured from satellites. Evidence that a

robust estimate of upper layer eddy mixing can be derived from the observed EKE

field would improve our confidence in simple parameterisations of eddy stirring in

coarse-resolution models that scale with EKE.

Comparing the zonal variations of EKE and mixing intensity in Fig. 2.4b, c and

Fig. 2.6b, c, one concludes that, while enhanced eddy mixing occurs in locations

with high EKE, its zonal profile cannot be determined using the EKE field only.

This result is consistent with our understanding that transient velocities (reflected

in the EKE) contribute to mixing, but that it is their correlation with the tracer

field variability that is quantified by our mixing metric. The along-stream evolution

of mixing intensity tends to show a narrower peak, slightly shifted downstream,

compared to the EKE peak, perhaps due to the time scale required for the transient

velocities to act upon the tracer gradient. As such, EKE is not a direct proxy for

eddy mixing intensity. A specific location can have a strong EKE signature without

being a region of high irreversible mixing, as illustrated by the x = 60 − 80 region

in Fig. 2.4b and c.

An interesting point that can be inferred from our analysis presented in sections

2.3.1 and 2.3.2 is that EKE and mixing do respond in a similar way to changes in

topographic height and jet inflow velocity when averaged over a region surrounding

topography. However, this correspondence does break down in some cases, as visible

in Fig. 2.8. When large topography is present, changes to inflowing jet stability lead

to little change in EKE, while mixing intensity increases. Using EKE as an indicator

for mixing in this case would therefore lead to overestimating mixing, and would

obscure the dependence of mixing on βnd.

This series of simulations can inform the discussion on whether EKE can be

used as a proxy for eddy mixing intensity, and thus if mixing can be parameterised

directly from EKE. We nevertheless have to remember these results rely on a sub-

grid scale parameterisation of mixing using a constant diffusivity, while the real

ocean includes sub mesoscale processes not resolved in this study.
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2.5 Conclusions

In this study a numerical model was designed to allow for the control of the inflowing

jet and the topography to examine the influence of these parameters on the eddy

kinetic energy and stirring of tracers in the scenario of a jet-topography interaction

relevant to the Southern Ocean. In our study of this model, we have identified three

different flow regimes. Firstly, in the absence of topography, the flow is sufficiently

unstable to generate eddies and mixing as it freely evolves downstream. Second,

in the presence of moderate topography, EKE and mixing intensity are increased

in the lee of topography relative to the flat-bottom case, but show qualitatively

similar spatial patterns to that of the flat-bottom case. The third regime, with

steep topography, alters the pattern of eddy activity and mixing, with elevated

EKE and mixing strength occurring upstream and mixing suppression occurring

immediately downstream of the topography. We find that spatially-integrated eddy

kinetic energy and mixing intensity tend to have similar responses to our forcing

parameters, but that EKE is not a direct proxy for mixing intensity at local scales.

In the Southern Ocean, the complex structure of the flow and topography makes

it difficult to attribute instabilities to specific causes. This study uses a reduced

complexity model, and suggests that topography may generate eddies and eddy-

induced mixing both up- and downstream of topographic features. These results

need to be tested in a more complete framework to understand the significance of

upstream mixing in the Southern Ocean.
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Chapter 3

Jet-topography interactions affect

energy pathways to the deep

Southern Ocean

Abstract

In the Southern Ocean, strong eastward ocean jets interact with large topographic

features, generating eddies that feed back onto the mean flow. Deep-reaching eddies

interact with topography, where turbulent dissipation and generation of internal lee

waves play an important role in the ocean’s energy budget. However, eddy effects

in the deep ocean are difficult to observe and poorly characterised. This study in-

vestigates the energy contained in eddies at depth, when an ocean jet encounters

topography. We use a two-layer ocean model in which an imposed unstable jet

encounters a topographic obstacle (either a seamount or a meridional ridge), in a

configuration relevant to an Antarctic Circumpolar Current frontal jet. We find

that the presence of topography increases the eddy kinetic energy (EKE) at depth,

but that the dominant processes generating this deep EKE depend on the shape

and height of the obstacle, as well as on the baroclinicity of the jet before it en-

counters topography. In cases with high topography, horizontal shear instability is

the dominant source of deep EKE, while a flat bottom or a strongly sheared inflow

leads to deep EKE being generated primarily through baroclinic instability. These

results suggest that the deep EKE is set by an interplay between the inflowing jet

properties and topography, and imply that the response of deep EKE to changes in

the Southern Ocean circulation is likely to vary across locations depending on the

topography characteristics.
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3.1 Introduction

Southern Ocean dynamics impact the distribution of heat, salt and nutrients in the

global ocean, thus affecting climate and fisheries worldwide (Rintoul and Naveira

Garabato, 2013). These dynamics also play an essential role in air-sea fluxes of CO2

(Le Quéré et al., 2007). The circulation in the Southern Ocean is expected to change

in a warming climate, through the combined effects of changes in freshwater fluxes

(Downes and Hogg , 2013) and a projected increase, and possible southern shift, in

westerly winds over the region (Bracegirdle et al., 2013). Understanding the physical

processes governing Southern Ocean dynamics is essential to adequately representing

them in ocean models and to predicting ocean feedback on future climate.

Southern Ocean circulation is characterised by complex, multi-scale interactions

between ocean jets, a highly energetic mesoscale eddy field, and bottom topography.

Ocean jets are narrow, fast-flowing currents. They are prevalent in the Southern

Ocean, where multiple eastward-flowing jets form the Antarctic Circumpolar Cur-

rent (ACC). The major frontal jets of the ACC typically measure O(100 km) in

width and feature velocities of O(0.1-1 m s−1) (Waterman et al., 2013; Firing et al.,

2011). Zonal jets are a robust feature of self-organised two-dimensional turbulence

on a β-plane (Rhines , 1975), suggesting jet-like features are likely to spontaneously

emerge from an eddying flow. However, Southern Ocean jets are also affected by

external factors, including wind, buoyancy forcing and bottom topography.

The eddy field in the Southern Ocean is one of the most energetic in the world

(Fu et al., 2010). These eddies transport tracers, momentum and potential vor-

ticity, thus playing an important role in the circulation dynamics (Vallis , 2006).

Eddies are traditionally viewed as deriving from the instability properties of the

mean flow. Once they develop, eddies release available potential energy contained

in sloping isopycnals through baroclinic processes (e.g. Karsten et al., 2002), and

convert mean flow kinetic energy to eddy kinetic energy through barotropic pro-

cesses, thus reducing the horizontal shear of sharp, narrow flows (e.g. Waterman

and Jayne, 2011). However, eddies also sustain the mean flow through the conver-

gence of eddy momentum fluxes (e.g. Starr , 1968), and can transfer energy to other

eddies through non-linear interactions, thus sustaining eddy growth in regions where

the mean flow properties alone cannot support it (e.g. Chapman et al., 2015).

The active eddy field in the Southern Ocean has a number of important implica-

tions for climate. The combination of large-scale forcing and local eddy effects sets

the vertical structure of the ACC. Eddies can also lead to strong, localised mixing of

tracers across Southern Ocean fronts, which makes a significant contribution to the

large scale meridional flux of heat, carbon, and nutrients (Naveira Garabato et al.,
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2011; Thompson and Sallée, 2012; Dufour et al., 2015). The eddy-induced mixing

along isopycnals may also be an important process in the upwelling of intermediate

and deep waters, providing a quasiadiabatic route to the surface and contributing

to the closure of the upper and lower cells of the meridional overturning circulation

(Marshall and Speer , 2012).

The mean flow and the eddy field are both constrained by bottom topography.

In the Southern Ocean, the path of the ACC encounters a variety of topographic

features, including large plateaus, fracture zones, ridges, and abyssal plains. To

first-order, large-scale ocean currents tend to follow contours of constant f/H (with

f being the Coriolis frequency and H being the ocean depth) to conserve potential

vorticity. This makes topography an important player in steering the mean path of

the ACC. In particular, large topographic features reduce the temporal variability of

the major front locations (Sallée et al., 2008), locking ocean jets ‘into place’ (Sokolov

and Rintoul , 2009b). These features are generally associated with downstream re-

gions of enhanced surface eddy activity (Naveira Garabato et al., 2011) and increased

cross-stream transport of tracers (Lu and Speer , 2010; Sallée et al., 2011; Thompson

and Sallée, 2012; Abernathey and Cessi , 2014), suggesting that topographic features

play a role in setting the location and magnitude of eddy effects.

Most studies of jet-eddy-topography interactions focus on depth-integrated eddy

kinetic energy (EKE) or rely on measurements of surface velocity obtained from

altimetry (e.g. Meredith and Hogg , 2006). However, neither the Southern Ocean

flow nor its eddy field are uniform with depth. This depth-dependence of the flow

is a determining factor in the dynamical response of the ACC to changes in winds

(Morrison and Hogg , 2013; Langlais et al., 2015). Eddy activity at depth remains

poorly characterised, yet has important implications for ocean dynamics.

Deep-reaching eddies which interact with rough topography can lead to signifi-

cant energy dissipation through lee-wave generation (Nikurashin et al., 2012), and

field measurements have shown that eddy energy at depth is closely related to the

local rates of turbulent mixing (Sheen et al., 2014). A current challenge in our

attempts to better characterise abyssal dissipation and mixing is an incomplete un-

derstanding of the deep eddy field: it cannot be obtained from satellite altimetry,

but relies on in situ measurements (e.g. Firing et al., 2011; Waterman et al., 2013).

These remain scarce and have limited temporal and spatial scope. Recent efforts

to monitor the Drake Passage using moored instruments provide estimates of EKE

at depth. For example, Sheen et al. (2014) report strong seasonal fluctuations in

EKE at 3600m (between 0 and 120 cm2 s−2 over a two-year period) from a moor-

ing deployed on the mean path of the Subantarctic Front. Chereskin et al. (2009)
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provide an estimate of near-bottom EKE from an array of bottom-moored sen-

sors in Drake Passage, showing strong spatial variations across the region between

two ACC fronts, with 1-year-mean EKE varying between 50 and 200 cm2 s−2 (see

their Fig. 3c). These advances in Southern Ocean monitoring are supplemented by

modelling studies, which provide spatial and temporal information where observa-

tions are lacking. In particular, Thompson and Naveira Garabato (2014) investigate

regions of topography-induced stationary meanders in the Southern Ocean and high-

light the full-depth enhancement of EKE at these sites (their Fig. 4b and 6b), with

peak values of EKE at 2500 m reaching 50-100 cm2 s−2.

The main goal of this study is to better understand what sets the spatial distri-

bution and magnitude of deep eddy kinetic energy (EKE) in regions where Southern

Ocean jets interact with topographic features and sustain stationary meanders. We

approach this complex question by investigating the interaction of an unstable jet

with a single topographic feature, using a two-layer ocean model, similar to that

of Hallberg and Gnanadesikan (2001). We focus on evaluating the impact of the

presence, height and shape of topography on the magnitude of the lower-layer EKE,

as well as identifying the main pathways of energy conversion into the lower-layer

EKE reservoir. The structure of the inflowing jet is an important factor in these

complex interactions, and we investigate its impact by exploring a range of inflow

conditions.

The rest of this chapter proceeds as follows. In Section 3.2, we present the de-

tails of the ocean model configuration, and the energetic framework used to analyse

the model output. In Section 3.3, we first focus on the impact of topography on

the vertical distribution of EKE and the relative contribution of two distinct en-

ergy pathways to deep EKE. We also investigate how these pathways to deep EKE

respond to changes in the properties of the jet impinging on the topography. In

Section 3.4, we discuss the impact of topography and inflow conditions on EKE

generation, examining the role of the topographic shape and the competing effects

of inflow baroclinicity. Finally, in Section 3.5 we summarise our findings and the

implications for Southern Ocean circulation.

3.2 Methods

We perform our study using an idealised model of an isolated jet impinging

on topography. The model uses the Modular Ocean Model version 6 (MOM6)

(http://github.com/NOAA-GFDL/MOM6) to solve the hydrostatic thickness-

weighted primitive equations under the Boussinesq approximation. The core of
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MOM6 is based on the Generalized Ocean Layer Dynamics (GOLD) ocean code,

which is presented in detail in Adcroft and Hallberg (2006). It is configured using

isopycnal coordinates, which eliminates the spurious diapycnal mixing produced by

numerical ocean models that use a fixed vertical coordinate (Ilicak et al., 2012).

3.2.1 Model configuration

We model a representative section of the Southern Ocean by a 9600 × 1600 km

channel on a β plane (with β = 1.5×10−11 m−1 s−1), with a horizontal resolution of

4 km and two isopycnal layers. These two layers have reference depths of H1 = 1000

m and H2 = 3000 m (Fig. 3.1a), to represent the intensification of the jet observed in

the upper 1000 m of the ocean (e.g, Waterman et al., 2013). Although this vertical

structure is a simplification of the continuously stratified ocean, using two layers

provides an ocean model which supports both barotropic and baroclinic instabilities,

with minimal computational overhead. Furthermore, the minimal complexity of

the model allows a detailed analysis of energy transfers in the system, and their

sensitivity to topography and inflow properties. This study focusses on exploring

the response of dynamical processes to topography, not on providing quantitative

estimates of EKE in specific Southern Ocean locations, and the results should be

interpreted with that aim in mind.

The model is discretised on an Arakawa C-grid in the horizontal. A piecewise

parabolic method (PPM) is used to solve for continuity. The advection scheme is

enstrophy-conserving (and energy-conserving for non-horizontally-divergent flows).

Time-stepping is performed using a barotropic-baroclinic split, with timesteps of 12

and 120 s respectively. The background horizontal viscosity is parameterised with

a biharmonic horizontal viscosity of A4 = 1.5 × 109 m4 s−1. This small value of

viscosity allows numerical stability while ensuring we represent a relatively inviscid

ocean interior. Bottom friction is modelled by a weak quadratic bottom drag (with

Cdrag = 5× 10−4). No diabatic effects are included in the interior of the channel (in

particular, there is no buoyancy forcing or diapycnal mixing).

3.2.2 Forcing and boundary conditions

The forcing and boundary conditions are chosen to sustain an eastward-flowing jet,

representative of a typical Southern Ocean frontal jet. The boundary conditions

are free slip at the southern (y = 0 km) and northern (y = 1600 km) boundaries,

while the eastern and western boundaries are periodic. These numerical boundary

conditions are supplemented by regions of numerical forcing (referred to as sponges;
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Figure 3.1: a) Elevation view of the domain at y = 800 km. The upper layer is
shown in blue and the lower layer is shown in green. A typical topography profile
is visible in the lower layer. The restoring strength (in red) is high in the forcing
regions (shaded in grey). In the middle region, the flow evolves with no forcing. b)
Meridional profiles of the target heights for the free surface (blue) and the interface
(green), at the inflow (section A, x = 800 km). The reference height of each interface
is shown by a horizontal dashed line. c) Meridional profile of the zonal velocity at
the inflow (section A, x = 800 km) for our control experiment.

grey shading in Fig. 3.1a) at specified boundary regions in the channel, to drive the

flow in the interior. In the western part of the domain (0 < x < 800 km), we generate

a sharp front and a jet flowing eastward through the basin by restoring both the

interface and free surface heights to target profiles (Fig. 3.1b). The target profiles are

hyperbolic tangent functions centred on reference heights (η0 = 0 for the free surface

and η1 = −1000 m for the interface), with a width of ∆y = 25 km and maximum

amplitudes of ±∆η0 and ±∆η1 (which vary between runs). The values of ∆η0 and

∆η1 are chosen to produce an inflowing velocity profile relevant to observed Southern

Ocean jets (see Section 3.2.3). We use a short (45 minute) restoring timescale, to

precisely control the flow in this forcing region. The circulation in the interior is

not significantly affected by a change in this forcing timescale, provided it is short

enough to effectively constrain the inflow. This set-up ensures that we can study the

dynamics of the jet in the interior (x > 800 km) while constraining the inflowing jet

properties. On the eastern side of the domain (6000 < x < 9600 km), we introduce

an additional restoring to allow a gradual readjustment of the outflow to match the

inflow condition imposed at the western boundary.

Interface heights are weakly restored at the northern and southern boundaries to
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maintain a large-scale meridional isopycnal slope across the channel. This restoring

towards our target heights (±∆η0 and ±∆η1) is applied in 100 km-wide regions

along the northern and southern boundaries of the channel, with a slow restoring

time scale of 20 days.

3.2.3 Experimental design

The circulation in the interior of the model domain is forced with a range of inflow

conditions and two types of bottom topography. Both the topography characteristics

and the inflow conditions are described in detail below.

For simplicity, we introduce a single topographic feature in the lower layer. Two

distinct types of topography are used: the first is an axisymmetric seamount, the sec-

ond is a ridge, which spans the domain in the meridional direction. The zonal profile

used for both topography types is Gaussian in shape, with a half-width Ltopo ≈ 150

km and a maximum elevation of htopo = 50, 150 or 500 m. The topography is

placed 800 km from the downstream edge of the inflow sponge region (x0 = 1600

km), and aligned with the inflowing jet (y0 = 800 km). The horizontal scale of the

seamount is large compared to the width of the jet and represents large topographic

plateaus, such as the Kerguelen and Campbell plateaus, while the meridional ridge

can be thought of as an idealised Macquarie Ridge. The range of heights considered

explores the transition between a flat bottom and a single piece of topography, as

well as the sensitivity to a change in topography height. This range was limited to

values below 500 m due to the high impact of the topography on the upper-layer

flow for heights beyond 500 m in this two-layer system.

In our control experiment, the forcing parameters are set to default values

of ∆η0 = 30 cm and ∆η1 = 25 m in the western sponge region. These

values are chosen to approximate the typical velocity, width and depth pro-

file of Southern Ocean frontal jets, as observed during the recent SOFine

(http://archive.noc.ac.uk/SOFINE) and DIMES (http://dimes.ucsd.edu) projects.

These jets have typical meridional widths of 50-150 km, and peak velocities of 0.5-

1 m s−1 (in the upper 500-1000 m), while velocity below 1000 m is of order 0.1

m s−1 (Waterman et al., 2013; Sheen et al., 2014). In our model, the prescribed

default values of ∆η0 and ∆η1 generate the jet velocity profile at the inflow pre-

sented in Fig. 3.1c, with a meridional width of O(100 km) in both layers and peak

velocities of 0.8 m s−1 in the upper layer (blue) and 0.3 m s−1 in the lower layer

(green). The horizontal and vertical shear in the velocity fields at the inflow implies

that the jet has potential for both barotropic and baroclinic instabilities (follow-

ing Pedlosky’s (1963) necessary conditions for instability). We vary the large-scale
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Table 3.1: List of simulations performed and the associated parameter values.

Run
Inflow Topography

∆η0 [cm] ∆η1 [m] htopo [m] shape

1 30 25 0 flat
2 30 25 50 seamount
3 30 25 500 seamount
4 30 0 0 flat
5 30 0 50 seamount
6 30 0 500 seamount
7 30 12.5 0 flat
8 30 12.5 50 seamount
9 30 12.5 500 seamount
10 30 37.5 0 flat
11 30 37.5 50 seamount
12 30 37.5 500 seamount
13 15 25 0 flat
14 15 25 50 seamount
15 15 25 500 seamount
16 45 25 0 flat
17 45 25 50 seamount
18 45 25 500 seamount
19 30 12.5 50

ridge

20 30 12.5 150
21 30 12.5 500
22 30 25 50
23 30 25 150
24 30 25 500
25 30 37.5 50
26 30 37.5 150
28 30 37.5 500

meridional height differences, ∆η0 and ∆η1, in a series of parameter study runs.

The surface height difference ∆η0 ranges between 15 and 45 cm, and the interface

height difference ∆η1 between a fully barotropic forcing (∆η1 = 0) and a strongly

baroclinic forcing (∆η1 = 37.5 m). The range of forcing parameters considered in

this study is summarised in Table 3.1.

Each simulation is started from rest (where both interfaces are flat) and run

until the model reaches a statistically steady state (approximately ten model years).

We assess whether the run is in statistical equilibrium using the time evolution of

the total energy in the domain. Once the total energy is stable, the simulation is

run for multiple three-year periods, during which statistics are accumulated. This
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three-year period is long compared with the lifetime of an individual eddy, so results

are not dominated by a single transient feature but by the long-term statistics of

the flow.

3.2.4 Energetic framework

To quantify the change in the eddy kinetic energy (EKE) in the lower layer of our

isopycnal model we use a thickness-weighted energy framework similar to that used

by Bleck (1985) and Aiki et al. (2016), extended to include free surface motions. This

approach allows us to quantify how the time-mean and eddy energy reservoirs and

the local energy conversions between these reservoirs depend on the characteristics

of the inflowing jet and the topography it encounters.

Energy reservoirs

Our two-layer system has four main energy reservoirs, defined as follows. APEbt is

the available potential energy due to the free surface elevation η0 (or ‘barotropic’

potential energy)

APEbt =
ρ0

2
gη0

2, (3.1)

APEbc is the available potential energy due to the motions of the interface separating

the upper and lower layers η1 (or ‘baroclinic’ potential energy)

APEbc =
ρ0

2
g′η1

2, (3.2)

and KEi is the kinetic energy in each layer (i = 1, 2),

KEi =
ρ0

2
hi|ui|2, (for i = 1, 2). (3.3)

Here, ρ0 is the reference density of the Boussinesq approximation, g is the acceler-

ation due to gravity, g′ = g∆ρ
ρ0

is the reduced gravity of the interface between the

two layers, hi is the i-th layer thickness, and ui = [ui, vi] is the horizontal velocity

in layer i.

Mean-eddy decomposition

To separate the mean and eddy terms, we define the traditional Reynolds decom-

position for most variables in our model. For example, the layer thickness becomes:

hi ≡ hi + h′i, (3.4)
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where the overbar and prime symbols denote a three-year time mean and the asso-

ciated deviation respectively. Following the methodology used in Aiki et al. (2016),

the velocity variable is decomposed into a thickness-weighted mean (TWM) velocity

û and deviation from the TWM mean u′′i ,

ui ≡ ûi + u′′i . (3.5)

In a thickness-weighted framework, each energy reservoir can be decomposed into

contributions from the mean and eddy, as proposed by Bleck (1985),

APEbt =
ρ0

2
gη0

2 =
ρ0

2
gη0

2︸ ︷︷ ︸
MAPEbt

+
ρ0

2
gη0
′2︸ ︷︷ ︸

EAPEbt

, (3.6)

APEbc =
ρ0

2
g′(η1)2 =

ρ0

2
g′(η1)2︸ ︷︷ ︸

MAPEbc

+
ρ0

2
g′η′21︸ ︷︷ ︸

EAPEbc

, (3.7)

KEi =
ρ0

2
hi|ui|2 =

ρ0

2
hi|ûi|2︸ ︷︷ ︸
MKEi

+
ρ0

2
hi|u′′i |

2︸ ︷︷ ︸
EKEi

, (for i = 1, 2). (3.8)

Note that the kinetic energy is decomposed using the TWM decomposition of veloc-

ity. Note also to this eddy-mean decomposition is based on the separation between

stationary (i.e. mean) and transient (i.e. eddy) features. Thus, the contribution of

stationary meanders, or stationary eddies, are included in the contribution of the

time-mean flow.

Local sources of eddy kinetic energy

The equations which govern the time evolution of the six energy reservoirs defined in

(3.6)-(3.8) can be derived from the incompressible hydrostatic equations of motion

in isopycnal coordinates (see Appendix A for the derivation of all energy equations).

In particular, the time evolution of the eddy kinetic energy (EKEi) is governed by

the following equation:

∂tEKEi = −∇ · (ûi EKEi)−∇ · (u′′iEKEi)− u′′i · hi∇φ′i
+ ρ0ûi · ∇ · (hiu′′i ⊗ u′′i ) + ρ0hiFτi · u′′i , (for i = 1, 2),

(3.9)

where ⊗ denotes the outer product of two vectors. Here, φ1 = ρ0gη0 and φ2 =

φ1 + ρ0g
′η1 are the Montgomery potential (MP) anomalies in the upper and lower

layer respectively, and Fτ i is the frictional force (including both interior viscosity

and bottom drag) at work in each layer. Note that the thickness-weighted energy
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framework leads to a decomposition of the energy reservoirs and energy fluxes which

differs from the commonly used approach of Lorenz (1955), and has the advantage

of explicitly representing the energy flux due to layer thickness form stress.

The right-hand-side of (3.9) can be interpreted as transfers of energy in and

out of the eddy kinetic energy reservoir. These energy transfers include advective

terms, expressed as a flux divergence, and local conversion terms. In this study,

we focus only on the terms that locally convert energy into the deep eddy kinetic

energy reservoir (EKE2), summarised in Fig. 3.2. Therefore, the first two terms on

the right-hand side of (3.9), which are advective in nature and represent nonlocal

interactions (e.g., Chen et al., 2014), are not included in our analysis. The remaining

terms are:

• ρ0û2 · ∇ · (h2u′′2 ⊗ u′′2), which represents the work of Reynolds stresses within

the lower layer (green line in Fig. 3.2). This is a bidirectional term between

the mean and eddy kinetic energy reservoirs in the lower layer. It is positive

when mean energy is converted into eddy energy through horizontal shear

instabilities within the layer, and negative when eddy momentum fluxes act to

strengthen the mean flow (i.e. net flux from eddy energy into mean energy).

• −u′′2 · h2∇φ′2, which represents the work of eddy form stress for the lower layer

(orange line in Fig. 3.2). It arises due to correlations between the eddy veloc-

ities and horizontal pressure differences at the undulating interior interface.

This is a bidirectional term which can convert energy into or out of EKE2.

This energy is sourced either through conversion from EAPE via interface mo-

tions, or from MKE through the work of form stress, as shown by the blue dot

marking the 3-way junction in Fig. 3.2. This term is defined as positive when

it is a source of EKE, and negative when it is a sink.

• ρ0h2Fτ2 · u′′2, which represents the dissipation in the lower layer, from inte-

rior viscosity and bottom drag. In the absence of wind forcing, the work of

frictional forces is dissipative and will act as a local sink of eddy kinetic energy.

The relative magnitude, spatial patterns, and changes of these conversion terms

are used in the following sections to understand the processes and energy pathways

responsible for changes in lower-layer EKE.
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Figure 3.2: Simplified energy diagram of our 2-layer ocean, based on energy equa-
tions presented above. Each energy reservoir is decomposed into mean and eddy
contributions. The lines represent local conversion terms that flux energy between
the reservoirs. Our study focusses on examining the lower-layer EKE and the conver-
sions to and from this reservoir via eddy form stress, Reynolds stress and dissipation
(highlighted in colour).
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Figure 3.3: Five-day average of total kinetic energy (KE) (J.m−2) (in colour)
and three-year average transport (contours: 20-Sv streamlines) in the upper (a-c)
and lower layers (d-f), for the flat-bottom case (a,d), the case with a seamount
of htopo = 50 m (b,e), and the case with a seamount of htopo = 500 m (c,f). The
inflowing jet used in each run is the control case (∆η0 = 30 cm; ∆η1 = 25 m). The
three-year mean jet axis is marked by the thick contour. The seamount location is
shown in red (cross: centre, circle: half-height).

3.3 Results

3.3.1 Isolated seamount

Instantaneous and time-mean jet structure

The inflowing jet for the flat-bottom control case is unstable and develops finite

amplitude meanders (Fig. 3.3a, d). In this case, the time-mean jet remains zonal

(black contours in Fig. 3.3a, d), but the sharp jet forced at the western boundary

broadens and weakens downstream. The addition of an isolated seamount alters

the circulation by perturbing the jet in the vicinity of topography (Fig. 3.3b, c, e,

f). With an isolated seamount of maximum height htopo = 50 m, the jet develops

vertically coherent, stationary meanders downstream of topography, visible in both

the instantaneous kinetic energy and time-mean streamlines in each layer (Fig. 3.3b,

e). When the seamount is high (htopo = 500 m), the stationary meanders increase

in meridional amplitude (Fig. 3.3c, f). The region of sustained stationary meanders

also extends zonally to fill the length of the region of study.

Eddy kinetic energy

The presence of a seamount affects both the horizontal and vertical distribution of

EKE. In the flat-bottom case, the onset of finite amplitude instabilities at x ≈ 2500

km results in an EKE increase broadly distributed in the horizontal, and concen-

trated in the upper layer (colours in Fig. 3.4a, d). The seamount cases differ, in both
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Figure 3.4: Three-year average of eddy kinetic energy (J.m−2) (in colour) and
time-mean transport (contours: 20-Sv streamlines) in the upper (a-c) and lower
layers (d-f), for the flat-bottom case (a,d), the case with a seamount of htopo = 50 m
(b,e), and the case with a seamount of htopo = 500 m (c,f). The inflowing jet used
in each run is the control case (∆η0 = 30 cm; ∆η1 = 25 m). The jet axis is marked
by the thick contour. The seamount location is shown in red (cross: centre, circle:
half-height).

upper- and lower-layer EKE. In these cases, the high values of upper-layer EKE are

constrained to the core of the meandering jet, especially in the high seamount case

(Fig. 3.4c). On the other hand, in the lower layer the EKE increases and is spread

more broadly (Fig. 3.4f). The range of EKE values in the lower layer remains an

order of magnitude smaller than in the upper layer, but the basin-integrated lower-

layer EKE reaches 73% of the upper-layer EKE in the high seamount case.

The change in EKE due to topography is highlighted by showing the zonal depen-

dence of meridionally-averaged EKE (Fig. 3.5). In the flat-bottom case, the EKE in

each layer increases slowly with downstream distance, reaching a maximum around

x = 3500 km. It then decays with distance downstream (solid line). When a small

seamount is present (htopo = 50 m; dotted line), the upper-layer EKE maximum

shifts further downstream (by about 500 km), and its magnitude is reduced every-

where compared with the flat-bottom case. The lower-layer EKE shows a similar

downstream shift, but its magnitude is marginally larger than the flat-bottom case.

When the seamount is high (htopo = 500 m; dashed line), the upper-layer EKE is

further reduced (to about half of the flat-bottom values), while the peak values of

the lower-layer EKE are tripled compared to the flat-bottom simulation. In this

case, the zonal evolution of the lower-layer EKE shows signatures of the stationary

meanders downstream of the seamount, as well as enhanced eddy activity upstream

of the location of the seamount peak (x 6 1600 km).

These three cases have a similar basin-integrated total mechanical energy (data

not shown) but show significant differences in the vertical partitioning of their eddy
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Figure 3.5: Eddy kinetic energy (J.m−2) in the (a) upper layer (black) and (b)
lower layer (pink), averaged over the basin width, for a seamount of height htopo =
0, 50 and 500 m. The control inflow forcing (∆η0 = 30 cm; ∆η1 = 25 m) is used for
the three runs. The location of the seamount centre is marked by the red dashed
line.

kinetic energy, despite being forced with the same inflowing jet. In the flat-bottom

case, EKE is concentrated in the upper layer, while in the presence of a seamount,

the upper-layer EKE decreases in magnitude, and the lower-layer EKE is enhanced.

The repartition of upper and lower EKE becomes more extreme as the height of the

topography is increased.

Energy conversion pathways

Variations in the magnitude of EKE induced by the presence of topography suggest

that the rate of energy conversion to EKE from other energy reservoirs has changed.

To understand how the energy fluxes to the lower-layer EKE are affected by topog-

raphy, we examine the x-integrated work of lower-layer Reynolds stress (green line

in Fig. 3.2 and 3.6a) and eddy form stress (orange line in Fig. 3.2 and 3.6b) for a

seamount with heights htopo = 0, 50 and 500 m.

In the flat-bottom case (solid line), we find that the work of Reynolds stress

is positive in the upstream part of the basin (until x ≈ 3000 km) and is negative

downstream (x & 3000 km). When integrated over the length of the basin, the net

work of Reynolds stress is negative, thus acting to remove eddy energy (Fig 3.6a). In

contrast, the work of eddy form stress in the flat-bottom case is uniformly positive,

and contributes to a net conversion of energy into lower-layer EKE of 50 W m−1

(Fig 3.6b). Thus, the net source of energy for lower-layer EKE in this case is the
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eddy form stress. Reynolds stress varies zonally, but causes a net reduction in EKE

(accounting for a zonally integrated flux of -10 W m−1).

The zonal variations in the Reynolds stress term help to interpret the zonal

evolution of variations in the lower-layer EKE (Fig. 3.5b). The increase in EKE

in the upstream section of the basin can be attributed to energy conversion from

the mean flow to the eddy field through the combined work of Reynolds and eddy

form stresses, indicated by a co-located decrease in mean kinetic energy (not shown)

and the positive work of Reynolds stresses integrated over this region (solid line in

Fig. 3.6a). Further downstream, eddy form stress continues to supply deep EKE

while Reynolds stress extracts energy from the eddies. The net effect is that EKE

slowly decays with downstream distance.

When a small seamount is present, the total contribution of Reynolds stress

increases, adding up to a net positive flux within the basin (dotted line in Fig. 3.6a).

The cumulative work of Reynolds stress shows a similar zonal variation to the flat

bottom case, but the peak shifts downstream by about 1000 km (similar to the

downstream shift in the EKE peak; Fig. 3.5b). The eddy form stress contribution is

positive everywhere, but 30% smaller than its basin-integrated contribution in the

flat-bottom case (dotted line in Fig. 3.6b). Overall, the net contribution from eddy

form stress remains approximately three times larger than from the Reynolds stress.

When the seamount is high, the work of Reynolds stress is further increased
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Figure 3.6: Cumulative sum of meridionally-averaged work of (a) Reynolds stress
(green) and (b) eddy form stress (orange) in the lower layer (W m−1), for a seamount
of height htopo = 0, 50 and 500 m. The control inflow forcing (∆η0 = 30 cm; ∆η1 = 25
m) is used for all three runs. The location of the seamount centre is marked by the
red dashed line.
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(dashed line in Fig. 3.6a). The zonal variations in Reynolds stress are less pro-

nounced: the local contributions of Reynolds stress accumulate steadily until x =

4300 km, after which the cumulative contribution plateaus. Notable differences in

the zonal variations of Reynolds stress work in the high seamount case compared

with the no- and low-topography cases include a positive energy flux upstream of

the seamount, and an extended region of steady increase (which covers most of the

domain). The basin-integrated contribution of Reynolds stress remains positive, to-

talling 80 W m−1, far above that of the flat and small seamount cases (which reach

about -10 and 10 W m−1 respectively). On the other hand, the eddy form stress is

further reduced when the seamount is high (dashed line in Fig. 3.6b). Its cumulative

contribution is negligible for x < 4000 km, after which it increases steadily, albeit

modulated by stationary meanders. The basin-integrated contribution of eddy form

stress is similar to the small seamount case (32 W m−1).

Thus, when the jet interacts with a high seamount, the local conversion of en-

ergy into lower-layer EKE is mostly done through the work of lower-layer Reynolds

stress, with a smaller contribution from eddy form stress. This balance differs from

the small seamount and flat-bottom cases, where eddy form stress is the main con-

tributor to the deep EKE reservoir. This shift in the relative importance of the two

energy conversion terms is mostly due to an increased work by Reynolds stress in

the basin, combined with a moderate reduction in the work of eddy form stress.

As a result, the combined source of deep EKE is significantly larger when a high

seamount is present, leading to an elevated deep EKE.

Sensitivity to inflow

We now examine the sensitivity of the magnitude and sources of deep EKE to

changes in the inflow conditions for the flat-bottom case, and for the high seamount

case. The inflow conditions can be characterised by 1) the depth-integrated trans-

port, which is related to the total kinetic energy at the inflow, and 2) the partition of

energy between the barotropic and baroclinic modes at the inflow, which we measure

by a non-dimensional baroclinicity index. This baroclinicity index is calculated as

the ratio of interface APE to surface APE of the inflowing jet, denoted APEbc

APEbt
|inflow.

In this study, we vary the baroclinicity index from 0 (fully barotropic inflow with no

vertical shear) to 240 (strongly baroclinic, with a small depth-integrated transport).

We first consider the effect of these variations on deep EKE, in particular on

the fraction of total mechanical energy (ME) contained in the deep EKE reservoir

(Fig. 3.7a-c). Normalising deep EKE by ME allows us to compare the relative
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Figure 3.7: Basin-integrated lower-layer (a-c) normalised eddy kinetic energy, (d-f)
normalised work of the Reynolds stress and (g-i) normalised work of the eddy form
stress, as a function of the inflow baroclinicity. The simulations include a range
of seamount heights (htopo), and inflow parameters ∆η0 and ∆η1. The lower-layer
EKE is normalised by the basin-integrated total mechanical energy, while the energy
fluxes are normalised by the basin-integrated energy dissipative flux. Positive values
in (d-i) indicate a total flux of energy into the eddy kinetic energy reservoir. The
case of a fully barotropic inflow interacting with a high seamount is outside the
range shown on this figure.

importance of deep EKE across simulations which have different energy inputs at

the inflow. Two important points are revealed by Fig. 3.7a-c. First, the presence

of a seamount systematically increases the fraction of ME contained in deep EKE,

relative to a flat-bottom case. The magnitude of this increase in deep EKE is higher

for higher seamounts, consistent with the results presented in Section 3.3.1 for our

control inflow, and higher in cases with more baroclinic inflows. One exception is the

case of a strongly baroclinic inflow (APEbc

APEbt
|inflow = 240) with a small depth-integrated

transport (dark blue; Fig. 3.7a) where the presence of a seamount has little effect

on deep EKE, regardless of the seamount height. In this case, the lower-layer flow

generated at the western boundary is weak (umax < 0.05 m s−1), minimising the

impact of jet-topography interactions on the flow.
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The second point to note from Fig. 3.7a-c is that the normalised deep EKE

increases with the baroclinicity of the inflow, whether a seamount is present or

not. This response cannot be explained by the change in the incoming lower-layer

mean flow (which is reduced with increased baroclinicity), and suggests a feedback

between the baroclinicity of the inflow and the lower-layer eddy field, which will be

examined using our energy analysis below. The exception to this response is the

series of high-seamount cases with low depth-integrated transport (blue 4 symbols;

Fig. 3.7a), where deep EKE can decrease with inflow baroclinicity.

An examination of the local energy conversion pathways allows us to investigate

the dynamics of the deep EKE sensitivity to the inflow conditions. To compare

the results across different inflows, the energy conversion terms are normalised by

the basin-integrated energy dissipation. The response of the normalised work of

Reynolds stress to changes in inflow baroclinicity (Fig. 3.7d-f) shows two main fea-

tures. Firstly, the presence of a high seamount (htopo = 500 m, 4 symbols) generally

leads to an increase in the work of Reynolds stress to convert deep mean kinetic en-

ergy into deep EKE, for most inflow conditions (Fig. 3.7e-f). Secondly, the presence

of a high seamount changes the sensitivity of the work of Reynolds stress to inflow

baroclinicity. In cases with a high seamount, an increase in inflow baroclinicity en-

hances the positive energy conversion through Reynolds stress (from mean kinetic

energy to EKE), while in no- or small-seamount cases (+ and ◦ symbols), this same

increase leads to an increase in negative energy conversion through Reynolds stress

(i.e. an increase in the sink of deep EKE). The response highlighted in Fig. 3.7e-f

suggests that the increased baroclinicity of the inflow enhances the eddy-mean flow

interactions through the work of Reynolds stress, be it as a source or sink of EKE.

The exceptions to the two points presented above are the cases with low depth-

integrated transport (dark blue; Fig. 3.7d), which show a decrease in normalised

work of Reynolds stress with an increase in baroclinicity in the high-seamount cases.

The response of the normalised work of eddy form stress to inflow baroclinic-

ity (Fig. 3.7g-i) depends more strongly on the inflow characteristics than on the

seamount height. The work of eddy form stress, whether a seamount is present or

not, increases with inflow baroclinicity. The presence of a high seamount tends to

reduce normalised eddy form stress in cases with more baroclinic inflows, as the

increase in the total dissipation is higher than the increase in the net work of eddy

form stress (not shown).

The changes in these two energy conversion pathways can help explain the be-

haviour of the exceptional cases. In the case of a low depth-integrated transport, the

small increase in deep EKE with inflow baroclinicity can be attributed to the inter-
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play of the increase in eddy form stress with baroclinicity, and a weaker contribution

from Reynolds stress acting as a sink of deep EKE. Another special case is that of

a fully barotropic inflow (not shown), where there is a significant increase in deep

EKE in the case of a high seamount. This increase is primarily due to enhanced

Reynolds stress work acting to convert mean energy into deep EKE, while the eddy

form stress term is negligible. The increase in the work of Reynolds stress is consis-

tent with both the strong lower-layer mean flow forced at the western boundary in

this case, and an increase in the energy of the eddy field due to the seamount, both

leading to a total increase in eddy-mean flow interactions through Reynolds stress.

In summary, the work of eddy form stress is most sensitive to the baroclinicity of

the inflow, irrespective of topography. However, with a high seamount (htopo = 500

m), an increase in the baroclinicity index of the inflow also results in Reynolds stress

work converting more deep mean kinetic energy into eddy energy. The magnitude

of this deep EKE increase depends on the depth-integrated transport forced at the

inflow, as shown by the higher sensitivity of both normalised conversion terms to

baroclinicity in the larger transport cases (cyan) relative to the smaller transport

cases (black) (noting the different y-axis scales).

3.3.2 Interactions with a meridional ridge

The lower-layer EKE generated by an unstable jet is not only strongly affected by

the height, but also by the shape of the topography it encounters. This effect is

demonstrated in our model using a meridional ridge, with the same zonal profile

and zonal location as the seamount, extending across the entire basin width.

Instantaneous and time-mean jet structure

The presence of a ridge modifies the time-mean circulation and the spatial distri-

bution of EKE in ways qualitatively similar to the changes induced by a seamount

being present. The inflowing jet is deflected by the ridge, and stationary meanders

are visible in the time-mean streamlines downstream in both the upper and lower

layers (Fig. 3.8). The zonal wavelength of these stationary meanders is similar to

that of the seamount cases (Fig. 3.4). The upper-layer EKE is enhanced in the jet

core, while the lower-layer EKE is more broadly distributed horizontally. A small

ridge (htopo = 50 m; Fig. 3.8a, d) increases the lower-layer EKE compared with a

flat-bottom case, and is nearly indistinguishable from a seamount of the same height

(Fig. 3.4b, e). However, a higher ridge (htopo = 150 m; Fig. 3.8b, e) enhances the

lower-layer EKE more than a 500m high seamount (see Fig. 3.4f). Note that the
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lower-layer EKE is particularly strong in the first few meanders downstream of the

ridge (Fig. 3.8e). A further increase in ridge height (htopo = 500 m) increases the

lower-layer EKE further (Fig. 3.8f). In this case, the ridge height leads to a partial

blocking of the flow so that the downstream meanders in the lower layer feed from

a slope current coming from the forcing region at the northern boundary. Although

previous studies have argued that a lower-layer flow from the boundary can be a

realistic representation of Southern Ocean flows at depth (Hallberg and Gnanade-

sikan, 2001), we prefer to present a ridge of intermediate height htopo = 150 m as

our ‘high ridge’ case study, as the flow is more directly comparable with seamount

cases where there is no blocking.

Figure 3.8: Eddy kinetic energy (J m−2) (in colour) and time-mean transport
(contours: 20-Sv streamlines) in the upper (a-c) and lower layers (d-f), for cases
with a meridional ridge of htopo = 50 m (a, d), htopo = 150 m (b, e), and htopo = 500
m (c, f). The inflowing jet used in all runs is the control case (∆η0 = 30 cm;
∆η1 = 25 m). The jet axis is marked by the thick contour and the ridge axis by the
white broken line.

Eddy Kinetic Energy

When the jet encounters a meridional ridge, the deep EKE is enhanced, as in the

case with a seamount. This relative enhancement of deep EKE is stronger for higher

ridges (compare the � symbols to the + symbols in Fig. 3.9a), again similar to the

seamount case. However, the proportion of energy contained in deep EKE is much

higher for a meridional ridge than it is for a seamount (up to 14% of the basin-

integrated energy compared with a maximum of 5% for the seamount cases studied).

Thus, the ridge is more effective in generating deep EKE than the seamount.

Figure 3.9a also shows that the sensitivity of deep EKE to inflow baroclinicity in

the ridge case differs from that of the seamount case. For a small ridge (htopo = 50

m), an increase in the baroclinicity of the inflow enhances the total lower-layer EKE
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Figure 3.9: Same as Fig. 3.7, but for a meridional ridge of height htopo = 0, 50,
150 and 500 m. The inflowing jet has a constant surface forcing of ∆η0 = 30 cm
and an interface forcing ∆η1 =12.5, 25, 37.5 m. Note that the range on the y-axis
in (a) include an additional order of magnitude compared with Fig. 3.7b.

(as in the flat case or the seamount cases). However, for a higher ridge (htopo = 150,

500 m), an increase in the baroclinicity of the inflow reduces the total deep EKE.

This behaviour is opposite to that observed in the seamount cases. This distinct

response suggests that the processes linking the inflowing jet to the interior flow are

different in the seamount and ridge cases.

Energy conversion pathways

The work of lower-layer Reynolds stress (normalised by the total energy dissipation;

Fig. 3.9b) is systematically larger in the presence of a ridge compared with the flat-

bottom case, and its magnitude increases when the ridge increases in height. This

response is qualitatively similar to the seamount cases, although the flux magnitude
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with a high ridge is 4-10 times higher than with a high seamount. When the inflowing

jet is more baroclinic, the normalised work of Reynolds stress remains unchanged

for most ridge cases. This response differs from that observed in the corresponding

cases with a seamount, where high topography cases show an increased work of

Reynolds stress when the flow is strongly baroclinic (Fig. 3.7e).

The normalised work of eddy form stress on the lower layer is also much larger

in the presence of a ridge compared with the flat-bottom case, and increases with

the height of the ridge (Fig. 3.9c). The normalised eddy form stress work in the

ridge case is also systematically larger than in the corresponding seamount case

(Fig. 3.7h), with a two- to ten-fold increase in its contribution, depending on the

inflow conditions. Its response to changes in the baroclinicity of the inflow is similar

to the seamount cases, showing an increase in the work of eddy form stress when

the flow is more baroclinic, although the intermediate ridge (htopo = 150 m) shows

no systematic trend.

3.4 Discussion

The numerical experiments performed in this study provide evidence of the nature

of the instability processes contributing to deep EKE, and how they depend on the

structure of the topography and on the flow upstream of the obstacle.

3.4.1 Barotropic or baroclinic instability?

Comparing energy conversions to deep EKE through the two distinct pathways

(Reynolds stress work vs. work of eddy form stress) gives us insight into the relative

contribution of different instability processes. All the simulations we consider are

potentially unstable to mixed barotropic-baroclinic instabilities, due to the com-

bination of horizontal and vertical shear in the jet profile (as is the case in the

atmosphere, see Chang et al., 2002, and references within). Noting that a flow in-

volving purely barotropic instability of the large-scale horizontal shear will generate

EKE solely via the work of Reynolds stress, and that purely baroclinic instability of

the vertical shear generates EKE solely via the work of eddy form stress, we argue

that in simulations where Reynolds stress is the dominant source of deep EKE, the

flow is likely dominated by horizontal shear instability, or analogously, barotropic

instability. Similarly, we consider simulations with large eddy form stress as systems

dominated by baroclinic instability. In this way, the relative contribution of work

by Reynolds stress and work by eddy form stress allows us to discriminate between

different regimes, as summarised in Fig. 3.10.
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Figure 3.10: Energy conversion to deep EKE through the work of Reynolds stress
(x-axis) and eddy form stress (y-axis), for different topographies (symbols) and
inflow interface slope (colours). A regime where both sources contribute equally
would be located on the 1:1 line (dashed line). We consider cases above this line
as dominated by baroclinic instability, while cases below this line are considered to
be dominated by horizontal shear instability. Simulations with a high ridge (� and
♦ symbols) are all located in the top right corner. A cluster of simulations have
negative Reynolds stress work (left-hand side of the plot), meaning that Reynolds
stress acts as a sink of deep EKE, with baroclinic instability providing the source of
deep EKE.

Based on this framework, we observe that baroclinic instabilities are the domi-

nant source of deep EKE for all simulations with a flat bottom (+ symbols, located

above the 1:1 broken line in Fig. 3.10), while Reynolds stress is either a small source

or a sink of deep EKE. The relative contribution of these two energy pathways

can be modified by either changing the inflowing jet structure or by introducing

topography. Increasing the interface slope of the inflowing jet (colours in Fig. 3.10)

predominantly increases the contribution from baroclinic instability to deep EKE

(shift toward the top of Fig. 3.10). In contrast, the main effect of introducing a

seamount of significant height is to increase the contribution from Reynolds stress

(shift toward the right of Fig. 3.10). As a result, cases with a high seamount (4
symbols) have deep EKE predominantly sourced from deep horizontal shear, or

have near-equal contribution from both sources (below, or close to, the 1:1 line on

Fig. 3.10).
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In contrast to the high seamount case, introducing a high ridge simultaneously

increases both baroclinic and barotropic sources of deep EKE. All cases with a high

ridge (� and ♦ symbols in Fig. 3.10) sit close to the 1:1 line, indicating an equiva-

lent contribution from both vertical and horizontal shear instabilities. The relative

contribution of deep EKE sources is less sensitive to the inflowing jet structure than

in cases with a seamount.

3.4.2 Impact of topography

Over the range of conditions explored in this study, all cases showed an increase in

deep EKE in the presence of topography. This effect is summarised in Fig. 3.11,

which compares the EKE2 part of the energy diagram (bottom right hand corner of

Fig. 3.2) for various heights of topography. When we compare the seamount and the

ridge cases, the differences in the magnitude of the deep EKE (bold numbers) and the

relative contributions of deep EKE sources (green vs. orange arrows) suggest that the

effect of topography is two-fold. Firstly, the presence of topography deflects the jet

along topographic height contours, and generates meanders downstream. Within

the meanders, the cross-jet velocity gradients are amplified, leading to horizontal

shear which generates eddies through the work of Reynolds stress (as exemplified

by the seamount cases). In addition to this horizontal steering effect, the presence

of topography enhances vertical shear over the top of the topography, which can

contribute to deep EKE through the work of eddy form stress. This effect is most

visible in the ridge case, which combines significant contributions from the work of

both eddy form stress and Reynolds stress. The absence of this second effect in

the seamount case is due to the ability of the jet to move around the seamount,

effectively reducing the maximum topographic height experienced by the jet.

3.4.3 Impact of inflowing jet structure

We now consider the influence of the inflowing jet structure on the magnitude of deep

EKE and the relative sizes of its sources (Fig. 3.12). An increase in the jet vertical

shear leads to higher values of deep EKE in the flat bottom and seamount cases

(top and middle rows), while it leads to a decrease in the magnitude of deep EKE

in the case of a high ridge (bottom row). The values in Fig. 3.12 are best used in

reference to one another, keeping in mind that these net values (i.e. not normalised

by the inflow conditions) are expected to change in magnitude across runs. The

conflicting responses to a change in vertical shear can be reconciled by considering

the two competing effects of an increase in vertical shear at the inflow. On the one
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Figure 3.11: Schematic energy diagram of lower-layer EKE for various cases of
topography, showing the basin-averaged lower-layer EKE (bold, in J m−2) and
conversions to lower-layer EKE (in 10−6 W m−2) through the work of Reynolds
stress (green horizontal arrow) and eddy form stress (orange vertical arrow). The
flat-bottom case is shown on the left, and cases with topography (a seamount and a
ridge respectively) are shown on the right. Here, the height of the seamount (50m,
500m) and ridge (50m, 150m) increase from left to right.

hand, an inflow with a steep interface slope (strong vertical shear), is more likely

to generate eddies through baroclinic instability. On the other hand, higher vertical

shear implies a smaller velocity in the lower layer (for a given depth-integrated

transport), which can reduce the jet-topography interactions. The first effect is

dominant for the flat bottom or seamount cases, where the work of eddy form stress

is small and an increase in the vertical shear of the inflow provides increased potential

for baroclinic instability to generate deep EKE. This result suggests that the eddy-

generating potential of the baroclinic instability is a limiting factor, and can be

increased by a change in the inflow conditions. In contrast, the second effect is visible

in the high ridge cases. Here, the magnitude of deep EKE and the work of eddy form

stress are both large, and an increase in vertical shear reduces both the work of eddy

form stress and the magnitude of deep EKE. This result suggests that in parameter

regimes where baroclinic instability can fully develop, providing additional vertical

shear upstream of topography does not provide additional EKE. Instead, the reduced

topographic interaction due to a weaker lower layer jet outweighs the added potential

for baroclinic instability, thus reducing deep EKE overall.

Our experiments also tested the sensitivity of deep EKE to the free surface slope.
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Figure 3.12: Schematic energy diagram of lower-layer EKE for various cases of
inflow vertical shear, showing the basin-averaged lower-layer EKE (bold, in J m−2)
and local conversions to lower-layer EKE (in 10−6 W m−2) through the work of
Reynolds stress (green horizontal arrow) and eddy form stress (orange vertical ar-
row). Three cases of topography are included: a flat bottom (top row), a high
seamount (middle row) and a high ridge (bottom row). The baroclinicity of the
inflowing jet increases from left to right, with the control case in the centre. All
simulations shown here have the same surface forcing (∆η0 = 30 cm).

Although this parameter contributes to setting the absolute velocity at the inflow,

the sensitivity of our results to this parameter was secondary compared with the

role of the interface slope.

3.4.4 Caveats

Through the sensitivity experiments performed in this study, we find that the pres-

ence of topography modifies the partitioning of the total energy between different

reservoirs, and favours a relative increase in deep EKE. This enhancement of EKE

downstream of topographic features is consistent with observations from field cam-
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paigns and previous modelling studies of the Southern Ocean (e.g. Hallberg and

Gnanadesikan, 2001; Thompson and Richards , 2011; Thompson and Naveira Gara-

bato, 2014). The two-layer ocean model used has minimal complexity, yet it produces

EKE values consistent with those observed in high EKE regions of the Southern

Ocean. For example, Sheen et al. (2014) reports values of EKE fluctuating between

0-80 cm2 s−2 at 3600m depth on the mean position of the Subantarctic front in the

Drake Passage, while Chereskin et al. (2009) report enhanced values of near-bottom

EKE up to 200 cm2 s−2. The results from the two-layer numerical experiments

return peak values of lower-layer EKE within 1-300 cm2 s−2, covering the range of

observed deep EKE values. While the simulations performed do not aim to repro-

duce the EKE at specific locations, the comparison with observed values increases

our confidence in the relevance of the parameter space explored.

Relying on an idealised model results in some differences between the simulated

and observed flow downstream of topography. One example of these is the zonal

extent of the stationary meanders and the associated region of elevated EKE. In the

simulations performed in this study, the meanders persist far downstream of topog-

raphy (up to 3000-4000 km), while in observations and realistic ocean models (e.g.,

Thompson and Naveira Garabato, 2014), they only extend over 100-1000 km de-

pending on the region considered. This difference in zonal extent is likely due to the

idealised environment in the downstream region, where there are few disturbances

to break down the meanders. We note that such persistent meanders are visible in

other idealised studies (e.g., Bischoff and Thompson, 2014; Chapman et al., 2015).

Furthermore, the full complexity of ACC dynamics cannot be investigated using

this simple two-layer model, including the contribution that the merging of ACC

jets (e.g., Lu and Speer , 2010), the presence of higher order baroclinic modes, or the

local wind forcing, can make to the spatial pattern of EKE.

3.5 Conclusions

Numerical simulations show a robust enhancement of deep EKE in the presence of

topography, consistent with observations and previous studies. The height and shape

of topography are both important in determining the magnitude and energy source of

this EKE enhancement. Isolated obstacles allow the jet to avoid topographic features

but produce narrow, meandering jets which generate deep EKE through horizontal

shear instability. Broader topography, which cannot be avoided, additionally results

in stronger vertical shear and baroclinic instability, increasing deep EKE by an order

of magnitude. The height of the topographic feature is important in steering the
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jet path, but it is the height experienced by the flow along its mean path (e.g. gaps

between features) which contributes to the baroclinic source of deep EKE.

This study also highlights the role of upstream conditions in determining the deep

EKE magnitude and the sources of deep EKE. This sensitivity is largest when the

jet is able to flow around the topography, as the upstream baroclinicity of the flow

controls the baroclinic instability processes in the lee of topography. The upstream

conditions are less influential when the jet-topography interactions alone lead to

strong baroclinic instability.

We have focussed on the impact of an isolated topographic feature. In the ocean,

the topography is complex and has a variety of scales. The continuous changes in to-

pography in the Southern Ocean means it is unlikely for the downstream behaviour

to fully develop undisturbed by other topographic features, and the idealised shapes

investigated in this study are simple limits to the behaviour we expect from inter-

actions with a more realistic topography. Nevertheless, these simulations serve to

highlight that in the Southern Ocean, the EKE at depth is influenced by the topog-

raphy characteristics and by the structure of the jet, which itself depends on the

history of topographic interactions along its path. The resulting spatial heterogene-

ity in deep EKE will alter the spatial distribution of mixing and energy dissipation

at depth.
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Chapter 4

Eddy contribution to meridional

overturning in the lee of

topography

Abstract

Mesoscale eddies contribute to upwelling of deep waters in the Southern Ocean by

fluxing water poleward along southward-sloping isopycnals, thus closing the upper

cell of the meridional overturning circulation (MOC). These eddies are not uniformly

distributed in the Southern Ocean, but are more energetic in regions where ocean

jets interact with major topographic features. This study investigates what sets the

magnitude and location of eddy-driven upwelling in the lee of topography. To this

end, numerical simulations in which a prescribed ocean jet encounters an isolated

piece of topography are performed in a two-layer β-plane channel model, and the

sensitivity of upwelling to topographic height and meridional extent is examined.

The eddy-driven upwelling (as measured by cross-jet southward transport) depends

strongly on the height of the topography encountered. For small obstacles, the

upwelling decreases with increasing height, suggesting that the mechanism resulting

in cross-jet transport is hindered by the presence of topography or the associated

meanders formed in the jet downstream. For higher obstacles however, the upwelling

shows the opposite dependence on topographic height: it increases as the height of

topography is increased, and in contrast to the case of small obstacles, it is localised

in the first few meanders downstream of the obstacle. The shape of topography also

has a strong influence on the eddy-driven upwelling. The upwelling rates are an

order of magnitude large for a meridional ridge than for a seamount of equivalent

maximum height.
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To gain insight into the dynamical processes underlying the response of eddy

upwelling, we examine the energy conversions between the mean and eddy fields,

associated with baroclinic and horizontal shear instabilities. Work by form stress

(associated with baroclinic instability) is strongly correlated with the upwelling and

southward transport by eddies across the time-mean jet. Thus, the sensitivity of

upwelling to changes in topographic height can be accounted for by the response of

the baroclinic instability mechanism. In contrast, horizontal shear instability, when

present, makes no contribution to cross-jet transport and upwelling, but nevertheless

contributes to the growth of eddy kinetic energy (EKE). Distinguishing the type of

instability (through the energy conversion terms) provides a dynamical explanation

of the spatial separation sometimes observed between the EKE maximum and the

cross-jet transport by eddies. Finally, the presence of topography can reduce the

sensitivity of upwelling to changes in ACC baroclinic transport, suggesting that the

upwelling in the Southern Ocean may become more evenly distributed as a result of

increased baroclinicity due to future changes in wind forcing.

4.1 Introduction

The Southern Ocean is an important contributor to the global meridional overturn-

ing circulation (MOC), which redistributes heat to high latitudes and sets deep ocean

stratification. Outcropping isopycnals in the Southern Ocean provide a relatively

adiabatic route for deep water to be upwelled to the surface, making adiabatic eddy

transports an important contributor to the net upwelling. The properties of the

water upwelled in this region influence air-sea fluxes and govern the ocean uptake

of heat and carbon (e.g. Lauderdale et al., 2017).

The MOC is traditionally viewed in its zonally-integrated form. In this view, the

westerly winds drive northward transport in the Ekman layer, leading to a steep-

ening of isopycnals, which is counter-balanced by a southward mass transport due

to stationary and transient eddies. Through this southward transport, eddies act to

upwell water along the sloping isopycnals, while flattening isopycnal slopes (Karsten

et al., 2002). These two opposing transports partially compensate each other, lead-

ing to a small residual overturning circulation (Marshall and Radko, 2003). This

traditional view of residual overturning circulation in a zonally-averaged sense is

now being supplemented by considerations of the zonally heterogeneous nature of

the Southern Ocean dynamics. Improvements in the observing system, particularly

the availability of satellite altimetry data, have revealed the high spatial variability

of the Antarctic Circumpolar Current (ACC), and we now appreciate that the ACC
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is composed of multiple jets which change in number, location, and magnitude with

longitude (Sokolov and Rintoul , 2009a). The eddy field also varies significantly along

the path of the ACC, as measured by surface eddy kinetic energy (EKE) (Meredith

and Hogg , 2006).

Bottom topography plays an important role in setting zonal variations in the

ACC flow. Constrictions like the Drake Passage tend to reduce the number of ACC

jets while increasing their strength (Graham et al., 2012), and large topographic fea-

tures tend to reduce the temporal variability of the jets by ‘locking them into place’

(Sokolov and Rintoul , 2009a). Regions downstream of large topography have also

been identified as ‘hotspots’ of eddy activity (e.g. Thompson and Naveira Garabato,

2014). These regions catalyse cross-jet exchanges, with Thompson and Sallée (2012)

finding that 75% of jet-crossings by virtual floats occur downstream of major topo-

graphic features (over regions which amount to only 20% of the ACC zonal extent).

Other studies have shown that the presence of topography localises the eddy-driven

meridional heat transport (associated with upwelling along isopycnals) in regions

immediately downstream of topography. This result was obtained for a flow en-

countering a meridional ridge, in two-layer models (e.g. Hallberg and Gnanadesikan,

2001) and in more complex models (e.g. Abernathey and Cessi , 2014). Qualitatively

similar results were shown downstream of an isolated seamount (Chapman et al.,

2015; Bischoff and Thompson, 2014). Furthermore, Dufour et al. (2015) highlighted

that topography modifies the dynamics responsible for cross-jet exchanges, with the

cross-jet transport of tracers near topography being dominated by transient and

standing eddies, while in other locations this transport is dominated by wind-driven

Ekman transport.

To estimate and accurately represent the role of eddies in the Southern Ocean, it

is essential to understand the dynamics of these hotspots where interactions between

ocean jets and topography set the location and magnitude of eddy fluxes across the

ACC. This chapter investigates the impact of topography on the location and mag-

nitude of eddy-driven upwelling in the upper 1000m layer, with a focus on how the

eddy dynamics downstream of topography respond to various topography heights

and shapes. This study examines the impact of topography alone, by comparing

simulations with a prescribed inflow at the western boundary. The model set-up,

described in Section 4.2, captures the eddy-driven meridional transport due to the

along-stream evolution of the jet dynamics and their interactions with topography.

We use the model to quantify the cross-jet eddy fluxes of mass, and examine their

relationship with the eddy kinetic energy for various topographic obstacles (Section

4.3). After showing that this relationship is sensitive to the topographic parame-
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ters, we define two dynamical regimes based on the distinct response of the eddy

dynamics to changes in topographic height. We examine how the eddy-mean con-

version of energy by form stress provides a robust indicator of cross-jet transport

across the range of topography investigated here. In Section 4.4, we discuss how this

energy conversion term helps us understand the changing relationship between EKE

and cross-jet transport, and how eddy-driven meridional transport may respond to

changes in large-scale forcing.

4.2 Methods

We conduct our study examining how bottom topography interacting with a South-

ern Ocean-like frontal jet influences eddy-driven transport along sloping isopycnals

using an idealised model of a jet in a two-layer β-plane channel. The model specifi-

cations are presented in detail in Section 3.2.

To focus this analysis on the dynamics of jet-topography interactions, the ex-

periments are performed in the absence of local wind forcing. Instead, the role of

wind forcing in setting up the structure of the flow is implicitly accounted for by our

forcing at the boundary. Compared to existing wind-driven studies (e.g. Bischoff

and Thompson, 2014; Chapman et al., 2015), this forcing provides a more direct

control of the jet properties before it encounters the topography, thus allowing for

sensitivity studies that focus on the influence of topography while prescribing the

inflow. Given the lack of wind forcing, we do not aim to make quantitative predic-

tions of net mass transport across the jet (to which wind-driven Ekman transport

significantly contributes; Dufour et al., 2015), but instead limit the scope of this

study to eddy advective transport across the jet and its response to the presence of

topography.

The frontal jet is prescribed at the inflow of the active domain (x = 800 km) by

restoring the surface and interface heights to target profiles in a western boundary

sponge region (see Section 3.2 for more details). These profiles are qualitatively

similar to typical velocity profiles reported from observational campaigns in the

Southern Ocean, including the SOFine experiment (Waterman et al., 2013) and

DIMES (Sheen et al., 2014). The observed frontal jets have a typical width of 100

km, peak velocities of 0.5-1 m s−1 in the upper 1000 m of the ocean, and velocities of

order 0.05-0.3 m s−1 in the deeper ocean (Waterman et al., 2013; Sheen et al., 2014).

The two-layer jet used in this study (see velocity profile in Figure 3.2) is evidently a

crude simplification of the smooth vertical profile of the observed jets, but we argue

it is sufficient to represent the underlying jet dynamics. It is important to note that
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the horizontal and vertical shears at x = 800 km imply that the jet has potential

for both barotropic and baroclinic instabilities (Pedlosky , 1963).

The single interface between the model’s two layers is restored along the northern

and southern boundaries to maintain a large-scale isopycnal slope across the basin

width (shoaling towards the south). Thus, eddies can lead to an upwelling via an

upper layer southward eddy mass flux.

A single topographic feature is introduced in the lower layer. Two different types

of topography are tested in this study: an axisymmetric seamount, and a meridional

ridge. They have the same zonal profile (Gaussian in shape, with a half-width Ltopo

≈ 150 km) and their maximum height is varied across runs. In both cases, the

topography is placed 800 km from the downstream edge of the inflow sponge region

(x0 = 1600 km). The seamount is centered on (x0, y0) = (1600 km, 800 km), meaning

that it is centred on the meridional axis of the inflowing jet. These two simple

topographic features are chosen as archetypes of features found along the path of

the ACC. For example, broad plateaus such as the Kerguelen or Campbell Plateau

have large horizontal scales relative to the jet width, in both meridional and zonal

directions, like the idealised seamount. In contrast, the meridional ridge illustrates

the impact of meridionally elongated features, such as the Macquarie ridge. The

range of vertical heights explored in this study (0-500 m) focuses on the transition

between a flat bottom and a regime where topography strongly affects the flow.

Topogrpahy is limited to heights lower than 500 m (despite the fact that Southern

Ocean topography is generally much higher) because a further increase in height

in our two-layer system leads to an unrealistically strong topographic constraint on

the upper-layer flow. This restricted range in height is a limitation of using a two-

layer model to represent the continuously stratified Southern Ocean. Nevertheless,

the minimal complexity of the idealised framework enables us to characterise the

dynamical regimes and the processes governing them, to a level of detail difficult to

obtain with more complex models.

4.3 Results

4.3.1 Quantifying cross-jet eddy transport

To examine the eddy contribution to the overturning circulation, we quantify the

eddy volume flux across the time-mean jet (equivalent to an eddy mass flux in

our layered system). To do so, we calculate the two-dimensional cross product

of the total time-mean thickness flux hu and the time-mean upper layer velocity

direction u
|u| , where h is the upper layer thickness, u the upper layer horizontal
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velocity vector, and the overbar denotes the 3-year time mean. By construction,

this cross-jet thickness flux in the absence of local wind forcing is entirely due to

eddy fluxes:

u

|u|
× hu =

u

|u|
× (hu + h′u′) =

u

|u|
× hu︸ ︷︷ ︸
0

+
u

|u|
× h′u′, (4.1)

where × denotes the two-dimensional cross-product and .′ the deviation from the

3-year time mean (following the classical Reynolds decomposition of variables, i.e.

h = h + h′). As a consequence, we will refer to cross-jet fluxes and cross-jet eddy

fluxes as equivalent terms in this chapter. In order to isolate the net volume flux

crossing the time-mean jet core, we examine the cross-jet fluxes on the jet axis only.

We choose to define the jet axis as the meridional locations of maximum time-mean

velocity of the upper layer jet as a function of the zonal coordinate (shown by the

white line in Fig. 4.1a). This is not the only reasonable definition of the jet core (see

Chapman et al. (2015) for a review of jet detection methods) but it is consistent

with our metric of the eddy fluxes across the time-mean jet based on the time-

mean velocity field. Other methods, for example selecting a given SSH contour,

may be more suited to calculate ageostrophic transport across a SSH contour. The

sensitivity of our results to the selected jet axis location is examined in Section 4.3.4,

showing our definition to be robust and relevant in dynamical terms.

4.3.2 Relationship between overturning and EKE

Given that the meridional overturning is driven by the cross-jet eddy volume trans-

port, it is natural to look for a relationship between the cross-jet transport and the

regions of high eddy kinetic energy (EKE). To investigate this relationship explic-

itly, we examine the zonal variations in EKE and meridional cross-jet transport in

the upper layer of a simulation where the eastward-flowing jet encounters a 50m

seamount (grey contour; Fig 4.1). The upper-layer time-mean flow (black contours;

Fig 4.1a) shows stationary meanders downstream of the seamount. EKE in the up-

per layer (Fig 4.1a, and meridionally averaged in Fig 4.1b) shows significant zonal

variations, growing rapidly in the upstream region (800 < x < 3500km) and decay-

ing slowly further downstream. Likewise, the cross-jet volume transport shows an

along-stream change in behaviour, visible in the change in slope of the cumulative

transport along the jet axis (Fig 4.1b, magenta line). We can distinguish a region

of net southward transport (upstream of x ≈ 3200 km) and a region of little net

cross-jet transport (visible as a plateau in the cumulative transport downstream of
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Figure 4.1: Unstable ACC-like jet encountering a 50m seamount (grey dashed line
shows the half-width). a) Eddy kinetic energy (EKE) in the upper layer (colour)
with the time-mean upper-layer streamlines superimposed (black contours at 20Sv-
interval). The time-mean jet axis is highlighted in white (dotted line). b) Meridional
average of upper layer EKE (green) and x-cumulative cross-jet eddy transport (ma-
genta) integrated along the jet axis. Positive values of cumulative transport imply a
net southward transport. The location of maximum EKE and sign reversal in eddy
transport are marked by the circle and star, respectively.

Figure 4.2: As in Fig. 4.1 for the case of an unstable ACC-like jet encountering a
150m seamount.

x ≈ 3200 km). The EKE and cumulative cross-jet transport show striking similar-

ities in their zonal variations, suggesting that a simple relationship exists between

the two metrics and that the zonal rate of change of EKE serves as a good indicator

of the eddy cross-jet transport (Fig 4.1b). The cross-jet eddy transport is southward

over the western region where EKE is growing, and little net cross-jet transport is

done by eddies in the downstream region where EKE is stable or decays slightly.

In the presence of a 150m seamount (Fig. 4.2), the stationary meanders down-

stream have a larger meridional amplitude compared to the 50m seamount case,

but show no significant changes in zonal wavelength. The EKE grows more slowly
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Figure 4.3: As in Fig. 4.1 for the case of an unstable ACC-like jet encountering a
300m seamount.

with x than in the 50m case, reaching a maximum value of smaller amplitude (only

about 62% of the 50m peak value) located further downstream compared to the

50m case. EKE growth remains associated with cross-jet southward transport up

until x = 4800 km. However, in contrast to the 50m case, the cross-jet transport

is northward in the downstream region where EKE is stable. As the height of the

seamount is further increased, this relationship between EKE growth and south-

ward transport across the jet breaks down. In the presence of a 300m seamount

for example (Fig. 4.3), there is decorrelation between regions of EKE growth and

cross-jet southward transport by eddies. In this case, the zonal evolution of EKE

is very similar to the 150m case, with the growth region extending until x = 5000

km. In contrast however, there is a strong, localised southward transport by eddies

over a limited region, immediately downstream of the seamount (x < 2000 km).

Beyond the first meander, the net transport by eddies is northward, while the EKE

continues to grow.

A detailed examination of the response of EKE and cross-jet transport to vary-

ing seamount heights (Fig. 4.4) indicates two distinct regimes. For low seamounts

(hereafter Regime 1; h <= 150 m), the maximum in EKE and the sign-change in

the cross-jet transport occur at approximately the same locations. In this regime,

as the height of the seamount increases, the EKE grows more slowly with x, ex-

tending the region of EKE growth further downstream but with a reduced growth

rate. The reduction in the growth rate is significant enough to lead to a decrease

in the magnitude of maximum EKE, despite the extended region of growth. Simi-

larly, southward cross-jet volume transport occurs over an extended region (which

matches that of EKE growth), but with smaller fluxes, leading to a reduced total

southward transport integrated over the region of net southward transport. In this
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regime, weak northward transport by eddies can occur in the downstream region,

where EKE is stable or decays slowly with along-jet distance.

For larger seamount heights (h >= 200 m), a different regime of behaviour is

observed. In this regime (hereafter Regime 2), southward transport occurs over a

localised region close to the seamount, while EKE continues to grow with along-jet

distance over most of the domain. The locations of both transitions are relatively

insensitive to the seamount height in this regime, although the magnitudes of the

EKE and the eddy transport increase as the seamount height is increased.

These experiments thus illustrate two important features of the relationship be-

tween EKE and eddy-driven overturning worthy of emphasis. Firstly, they show

that southward cross-jet transport is associated with regions of EKE growth, rather

than regions of high EKE. This result is best illustrated by the strong zonal varia-

tions in the 50m seamount case (Fig. 4.1b), and suggests that it is the presence of

growing instabilities that contributes to cross-jet transport, rather than the mere

presence of eddies. Secondly, they indicate that a region of EKE growth does not

necessarily imply a southward cross-jet transport. This result is visible in the 300m
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Figure 4.4: Locations of transitions in the zonal variations of upper-layer cross-
basin-averaged EKE (circles) and cross-jet transport (stars), as a function of the
maximum height of the seamount. The black dashed line indicates the threshold
between Regimes 1 and 2 as defined in Section 4.3.2. The grey dashed lines indicate
the half-width of the topography.
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high seamount case study (Fig. 4.3b), where an extended downstream region has

EKE growth but no significant southward cross-jet transport. This result suggests

that EKE growth is a necessary but insufficient condition for southward cross-jet

transport by eddies. To investigate this relationship further, and to elucidate the

transition from Regime 1 to Regime 2 as the height of topography is increased, we

next examine the sources of eddy energy in both regimes.

4.3.3 Sources of eddy energy

To better understand the relationship between the transport by eddies across the

time-mean jet and EKE, it is helpful to examine the sources of eddy energy in

the energy budget of the system. To do this, we calculate the two mean-to-eddy

conversion terms that appear in the thickness-weighted energy budget of the upper

layer. The reader is referred to Appendix A for a full derivation of the energy budget

in a two-layer framework. The terms of interest to quantify the energy conversions

between the time-mean and the transient eddies in the upper layer are:

1. ρ0û1 · ∇ · (h1u′′1 ⊗ u′′1), the work of Reynolds stresses in the upper layer (due

to the divergence of eddy fluxes of horizontal momentum); and

2. û1 · h′1∇φ′1, the work of form stress (due to the hydrostatic pressure perturba-

tions),

where ρ0 is the reference density of the Boussinesq approximation, û is the thickness-

weighted mean (TWM) velocity, u′′ is the deviation from the TWM velocity in the

upper-layer, φ is the Montgomery potential anomaly of the upper layer, .′ marks

the deviation from the time-mean, and ⊗ denotes the outer product of two vectors.

Both terms are defined to be positive when energy is transferred from the time-

mean flow into the eddy field. When they are positive (i.e. sources of eddy energy),

these two terms can be related to two sources of instability. A barotropic flow

going unstable due to its strong horizontal shear is associated with a mean-to-eddy

energy conversion through the work of Reynolds stress (Vallis , 2006). Thus, we

will hereafter refer to a positive work of Reynolds stress as signifying barotropic

(horizontal shear-driven) instability. Similarly, a baroclinic flow going unstable due

to the presence of a vertical shear is associated with an energy conversion to the eddy

field by the work of form stress (Aiki et al., 2016). We thus consider a positive form

stress work as quantifying the impact of baroclinic (vertical shear-driven) instability.

To gain new insight into the relationship between the along-jet evolution of

upper-layer EKE and the eddy overturning, we consider the along-jet cumulative
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Figure 4.5: Mean-to-eddy energy conversion terms, including the work of form
stress (black) and the work of Reynolds stress (blue), integrated along the jet axis
(in W m−1), for a seamount height of a) 50 m, b) 150 m, and c) 300 m. The grey
dashed lines indicate the half-width of the topography.

sum of each of these two mean-to-eddy energy conversion terms for three repre-

sentative seamounts heights (h = 50, 150 and 300 m; Fig. 4.5). In all three cases,

the sum of the two conversion terms is positive when integrated over the domain,

implying that the mean flow is a net source of energy for the eddy field. Their

along-jet cumulative contributions increase in the x < 3000 km region. In the 50m

seamount case (Fig. 4.5a), both contributions remain relatively stable further down-

stream (3500 < x < 6000 km), indicating no significant energy transfers between

the mean and eddy field in this region. In the 150m seamount case (Fig. 4.5b), the

x-integrated contribution from form stress (in black) peaks at x = 4850 km, then

decreases further downstream (indicating a local transfer of energy from the eddy

field into the mean flow). In contrast, the x-integrated contribution from Reynolds

stress keeps increasing slowly, indicating a positive local energy flux into the eddy

field. The 300m seamount case (Fig. 4.5c) shows this distinction between the two

energy conversion terms more clearly, with the contribution of form stress peaking

around x = 2000− 3000 km and decreasing steadily downstream, while the contri-

bution of Reynolds stress continues to increase steadily with x. In this case, the

net contribution of form stress in the domain is negative (indicating a sink of eddy

energy), while the work of Reynolds stress remains a source of energy for the eddy

field. The contrast in behaviour between the two eddy-mean conversion terms is

particularly significant as it mirrors the contrast between EKE and cross-jet trans-
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port seen in Fig. 4.2b and Fig. 4.3b. Although it is the sum of the mean-to-eddy

conversion terms that energises the eddy field (with the work of Reynolds stress

exceeding that of form stress by an order of magnitude), the similarity between the

along-jet evolution of the contribution from form stress and cross-jet transport sug-

gests that the work of form stress has an important relationship with the cross-jet

transport by eddies.

4.3.4 Form stress as a robust indicator of cross-jet eddy

transport

As presented in Section 4.3.3, the zonal variations of mean-to-eddy energy conver-

sion due to form stress are similar to those of the cross-jet eddy transport. The

relationship between these two terms is examined in more detail in this section.

Our simulations show that the southward eddy fluxes across the jet axis are

correlated with the work of form stress. The x-integrated terms shown in Fig. 4.6a

have a correlation coefficient above 90% in the case of a 150m seamount. Although

the along-stream values of cross-jet transport have small-scale variability (visible

in the absence of x-integration), the correlation between the local transport and

energy fluxes without x-integration remains above 50% (not shown). This result,

presented for the 150m seamount case, holds across the range of seamount heights

explored. This strong correlation is consistent with previous energetics studies ex-

amining global scales (e.g., Aiki and Richards , 2008).

Importantly, this correlation provides us with a reliable indicator of cross-jet

transport. The eddy thickness fluxes have opposite signs across the jet axis (Fig. 4.6b),

with a northward transport south of the jet axis, and a southward transport north

of the jet axis. This antisymmetric pattern means that the estimate of net transport

(i.e. cross-jet transport along the jet axis) is highly sensitive to meridional biases in

selecting the jet axis location. For example, selecting the neighbouring grid-cell to

our jet axis location, just 5 kilometres north or south, can lead to vastly different

results when integrated over the length of the domain (compare the full, dashed

and dash-dotted lines in Fig. 4.6c). In contrast, the spatial structure of the energy

conversion by form stress is not systematically antisymmetric (Fig 4.6d), resulting

in a cumulative energy conversion less sensitive to meridional biases in jet axis se-

lection (compare the full, dashed and dash-dotted lines in Fig. 4.6e). The work of

form stress thus provides a more robust measure than directly measuring cross-jet

transport on the jet axis, and will be used to compare cross-jet transport across

simulations with various topography heights and shapes in the following sections.
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Figure 4.6: Unstable ACC-like jet encountering a 150m seamount. a) Cross-jet
transport (Sv; in magenta) and eddy-mean energy conversion by form stress (W
m−1; in black) integrated along the time-mean jet axis. b) Cross-jet transport by
eddies (Sv; in colour, with red indicating northward cross-jet transport). Here, the
black contour shows the time-mean jet axis diagnosed at each x position as the
meridional location with the maximum velocity. c) Cross-jet transport integrated
in x along the jet axis (in full line), 5km north of the jet axis (dashed line) and
5km south of the jet axis (dash-dotted line). d) Eddy-mean energy conversion by
form stress (W m−2), with the jet axis (black) and seamount location (half-width
in grey dashed line) superimposed. e) Eddy-mean energy conversion by form stress
integrated in x (W m−1) along the jet axis (in full line), 5 km north of the jet axis
(dashed line) and 5 km south of the jet axis (dash-dotted line). The location of the
topography is shown by the grey dashed line (indicating the half-width).
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4.3.5 Sensitivity to topography height

To improve our understanding of how topographic height affects the along-jet evo-

lution of EKE and eddy cross-jet transport, we examine the sensitivity of the eddy-

mean energy conversion terms to the topography properties (Fig. 4.8). To do so, we

compare the along-jet evolution of the two mean-to-eddy conversion terms (the work

of form stress and the work of Reynolds stress respectively), and how they relate

to the locations of maximum EKE (marking the transition between EKE growth

and decay) and the peak in cumulative southward cross-jet transport (marking the

location of a change in the direction of cross-jet transport) for a series of simulations

with seamount heights varying between 0 m (i.e. a flat bottom) and 500 m.

This analysis shows that some characteristics of the relationship between EKE,

cross-jet transport and energy conversions identified in the 150m high seamount case

(Fig 4.6) are consistently found across the range of seamount heights considered.

Firstly, the mean-to-eddy energy conversion through form stress shows strong zonal

variations, with a reversal in sign (red to blue in Fig. 4.7a) for all seamount heights.

Secondly, the location of this reversal in sign is systematically correlated with the

transition in the direction of cross-jet transport (marked by the star). Finally,

the EKE growth region (whose downstream extent is delimited by the circle) is

consistently related to regions of positive work of Reynolds stress (Fig. 4.7b).

There are nonetheless important differences in the behaviour of these terms be-

tween cases of low vs. high topographic height, which provide dynamical insight into

the two regimes defined in Section 4.3.2. In Regime 1 (h <= 150 m; Fig. 4.7a, b),

an increase in seamount height leads to a reduced growth of instability. Although

the region of instability growth (shown in red in Fig. 4.7a, b) extends further down-

stream as the seamount height increases (e.g., it extends to x = 3000 km with a flat

bottom, and to x = 5000 km for a 150m high seamount), the net energy conver-

sions to the eddy field integrated in this region decrease. As both eddy-mean energy

conversion terms show a similar along-jet evolution, and a similar response when

the seamount height increases, southward cross-jet transport (to which the work of

form stress contributes) and the growth of EKE (to which both conversion terms

contribute) remain correlated (Regime 1).

In Regime 2, the energy conversion from form stress work (Fig 4.7a) is positive

close to the topography, but changes sign around x = 3000 km. In contrast, the

Reynolds stress work is positive everywhere extending far downstream of the to-

pography (Fig 4.7b). This suggests that baroclinic instability, which contributes to

southward cross-jet transport, occurs only over a narrow region immediately down-

stream of topography, while the EKE continues to grow through barotropic instabil-
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Figure 4.7: Mean-to-eddy energy conversion terms as a function of the maximum
height of the seamount:a) the work of eddy form stress and b) the work of Reynolds
stress. These conversion terms are both calculated for the upper layer, and are
positive when energy is fluxed from the mean into the eddy field. The grey dashed
lines indicate the half-width of the topography. For each simulation, the location of
maximum upper-layer EKE is marked by a circle (marking the transition between
regions of EKE growth and decay), while the star marks the transition between
southward and northward cross-jet eddy transport.

Figure 4.8: Same as Fig. 4.7, but for a meridional ridge of maximum height varying
between 0 (flat bottom) and 500 m. Note that the y-axis is discontinuous, and that
the colour scales cover a much larger range than the corresponding ones in Fig. 4.7.
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ity in the downstream meanders. Further, this result highlights the distinct role of

the two types of instability, which is characteristic of this dynamical regime. When

the seamount height is increased in this regime, the mean-to-eddy energy conversion

from form stress increases in magnitude, both for the region where the conversion

is positive and the region where it is negative. The location of sign reversal shows

no systematic response to a change in topographic height. Thus, in this regime, an

increase in topographic height does not change the region of northward/southward

transport, but intensifies both. This divergence may result in little difference in the

zonally-integrated cross-jet volume transport in the domain, but may have impor-

tant impacts on tracer exchanges if water properties have local spatial variations. In

contrast, the region of positive Reynolds stress (and EKE growth) remains sensitive

to the seamount height. Thus, an increase in seamount height in Regime 2 changes

the zonal distribution of the Reynolds stress. It is these differences in the patterns

of form stress and Reynolds stress energy conversions that lead to the decoupling of

EKE and eddy mass transport that characterise Regime 2.

The highest case (h = 500 m) suggests that the intensification of the Reynolds

stress in the first meander may cause the two eddy-mean energy conversion terms

to be more spatially correlated for even higher seamounts. An exploration of this

further range of heights is beyond the scope of this study because of the limitations

of the idealised two-layer model that we have used; nonetheless, it warrants further

research.

4.3.6 Sensitivity to topography shape

In addition to the height of topography, the shape of a topographic feature is likely

to influence the path and stability of a jet, the mean-to-eddy energy conversions, and

thus the patterns of EKE and eddy overturning. Here, we investigate the impact of

the meridional extent of topography on eddy overturning by repeating the analysis

presented above with a meridional ridge instead of a seamount. We find that when

the jet interacts with a meridional ridge, the behaviour of the downstream flow

exhibits two distinct dynamical regimes, as seen in the seamount case described in

Section 4.3.5.

For low values of ridge height (lower part of Fig. 4.8), the behaviour is quali-

tatively similar to that observed for seamounts in Regime 1. An increase in ridge

height reduces the local rates of mean-to-eddy energy conversion for both work done

by form stress and work done by Reynolds stress. The region of EKE growth extends

further downstream but with a reduced net energy transfer to the eddy field. For

example, a 50m ridge results in a maximum EKE of 1480 J m−2, a 38% decrease
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compared to the maximum value of EKE over flat bottom (which peaks at 2411 J

m−2). This peak is shifted downstream by about 1000 km in the presence of a 50m

ridge, giving an average rate of EKE growth with along-stream distance of half that

of the flat-bottom case (0.45×10−3 J m−3 for the 50m ridge, compared to 1.05×10−3

J m−3 for the flat-bottom case). The southward cross-jet transport integrated over

the region of net southward transport (upstream of the star) is also reduced by 30%

compared to the flat case (not shown).

The transition to a different regime for a meridional ridge occurs for heights of

75 m and above (compared to a height of 150-200 m for a seamount). For heights

above this threshold, the cross-jet transport and its response to ridge height are

similar to seamounts in Regime 2. The similarities include strong, southward cross-

jet transport, limited to the region immediately downstream of the ridge (x <= 3000

km). Furthermore, the region of net southward transport is insensitive to the ridge

height, but the magnitude of the cross-jet fluxes (southward or northward) increases

with ridge height.

In contrast to the seamount cases, however, the two mean-to-eddy energy con-

version terms have a similar zonal pattern in Regime 2 in cases with ridges. Like the

form stress work, the work of Reynolds stress (Fig. 4.8b) is strong (and positive) in

the first couple of meanders downstream, and reduced further downstream (where

it is weakly positive or negative). As a result, the EKE peaks close to the ridge and

decays further downstream. This zonal pattern in Reynolds stress contribution and

EKE is insensitive to the ridge height in this regime, but the energy fluxes increase

in magnitude with increasing ridge height. There is little evidence of decoupling

between the zonal variations of EKE and of cross-jet transport in this range of ridge

heights. This small height threshold between the two regimes, as well as the higher

values of EKE and transport seen in the ridge cases, indicate that a ridge has greater

impact on the downstream eddy dynamics than a seamount for a given height. The

differences between the ridge and seamount cases (both qualitative and quantita-

tive) suggest that the meridional extent of topography, relative to the jet axis, is

important in setting the magnitude of eddy effects downstream of topography.

4.3.7 Sensitivity to jet properties

The preceding sections have shown that the properties of bottom topography im-

pact the mean-to-eddy energy conversions, and in turn, the associated eddy-driven

meridional cross-jet transport. As such, the presence of topography is likely to influ-

ence the response of the overturning to a changing climate. Although a full analysis

of the response of the overturning circulation to changes in the jet forcing is beyond
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the scope of this study, sensitivity experiments which vary the vertical shear of this

inflowing jet in this two-layer ocean model provide insight into how topography

moderates the response of Southern Ocean overturning to changes in forcing.

Over a flat bottom or a small ridge (e.g., a 50m ridge in Fig. 4.9a), increased

baroclinicity of the inflowing jet leads to a stronger southward transport, localised

downstream of topography (compare the cyan, black and green line in Fig. 4.9a).

This response is consistent with our dynamical understanding that a jet with a

strong(er) vertical shear (e.g. black vs. cyan lines) may be more prone to baroclinic

instability, and support a high(er) growth rate of instability. In contrast, the same

flow induces a different response when interacting with a higher ridge in Regime 2

(e.g. a 150m ridge in Fig 4.9b). In particular, while an increase in baroclinicity (from

the blue to the black line) increases southward transport by eddies downstream of

the ridge, a further increase (from the black to the green line) shows no significant

increase. The higher ridge thus reduces the sensitivity of the eddy-driven transport

to the upstream jet properties.

Figure 4.9: Cumulative southward transport across the jet axis for a ridge of a) 50
m, b) 150 m. The incoming jet properties are modified by the interface slope being
restored to a height difference of 12.5 m (cyan), 25 m (black) and 37.5 m (green)
across a 25 km distance. The vertical shear of the jet increases from cyan to green.
The control inflow (of intermediate vertical shear) presented in previous sections is
shown in black. The grey dashed lines indicate the half-width of the topography.
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4.4 Discussion

4.4.1 Location and direction of eddy-driven transport

Topography can catalyse thickness-weighted transport in isopycnal layers across the

jet core because it affects the distribution of transient eddies that are responsible

for cross-jet transport. However, in the configuration examined here, there is no

direct link between cross-jet transport and the upper-layer EKE, which quantifies

the energy contained in those transient eddies. Instead, the southward cross-jet

transport occurs in regions where EKE is growing, but is restricted to locations

where the mean-to-eddy conversion through form stress acts as a source of energy

for the eddy field, consistent with the growth of baroclinic instability. The corre-

lation between EKE growth and southward transport breaks down where another

instability can support eddy growth in the absence of baroclinic instability. The dis-

tinct roles of baroclinic and horizontal shear instabilities could explain the spatial

separation between the locations of maximum EKE and maximum eddy transport

observed in the simulations of Bischoff and Thompson (2014). Their calculation in-

dicates elevated Eady growth rates in the region where transient eddies contribute to

southward transport, consistent with baroclinic instability being the mechanism for

transient eddy transport. However, the local Eady growth rate cannot explain the

EKE growth which persists further downstream, which could result from a contri-

bution of horizontal shear instability. The increase of the spatial separation between

EKE and eddy transport they observe with increasing wind stress may result from

a response of the horizontal shear instability to the wind forcing.

In our study, the mean-to-eddy energy conversion by form stress work, associ-

ated with baroclinic instability, is a robust indicator of where cross-jet transport

occurs. A positive energy flux (into the eddy field) is associated with a southward

transport, consistent with the release of available potential energy through the flat-

tening of the southward-sloping isopycnal. A negative energy flux is associated with

a northward transport. Although this northward transport has received little at-

tention in overturning studies, it is consistent with a local eddy contribution to the

acceleration of the time-mean jet through the convergence of eddy fluxes of momen-

tum (Waterman and Jayne, 2011). However, it should be noted that the significant

northward cross-jet transport due to transient eddies presented in this study may

not translate directly to the real Southern Ocean, given the simplifications made

in our model. Firstly, simple models which allow meanders to develop freely down-

stream of topography (e.g. Bischoff and Thompson, 2014; Chapman et al., 2015,

the one considered in this study) tend to present storm tracks which extend fur-
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ther downstream than those visible in observations or more realistic models (e.g.

Thompson and Naveira Garabato, 2014). As the northward eddy transport in our

model occurs in the downstream region of the stationary meanders (generally 2000

km downstream of topography and beyond, c.f. Fig. 4.7-4.8), this northward trans-

port may be limited in the real ocean where other processes (associated with, for

example, wind, interactions with other jets, and complex topography) contribute

to a break-down of the meanders. Secondly, the eddy transport in this study was

quantified in the absence of local wind forcing. Although Morrison and Hogg (2013)

identify a depth range over which eddy transport occurs in the absence of Ekman

transport, the wind-driven transport in the upper layer may influence the eddy re-

sponse. Results from Dufour et al. (2015) suggest that a northward transport by

transient eddies can occur below the Ekman layer over flat topography (c.f. their

Fig. 11), but that its net contribution is small compared to the northward Ekman

transport.

4.4.2 Impact of topography characteristics

The location and magnitude of the cross-jet transport is dependent on the height of

topography. For small topographic features, an increase in height leads to significant

changes in local cross-jet transport. From a flat bottom to a 150m seamount, the

region of southward transport increases by 400 km, but the transport integrated over

that region only amounts to a third of the flat bottom case. A further increase in

height leads to a different regime, where southward cross-jet transport is localised

closer to topography (within 1500 km) but intensified. For example, an increase

from a 150m to a 250m seamount leads to a higher southward transport occurring

over a zonal extent reduced by half, equivalent to a three-to-four-fold increase in

the magnitude of local fluxes. An increase in seamount height within this second

dynamical regime leads to a further increase in the magnitude of local cross-jet

transport, but no systematic response in the location of this transport. As the two

regimes show an opposite response of cross-jet transport to increasing topography

height, the transition between those two regimes has the minimum value of transport

integrated over the region where the eddy cross-jet transport is southward.

The meridional extent of the topography is also an important factor. The two

regimes described above exist for both a seamount and a meridional ridge, but the

transition between regimes occurs for a different value of maximum height. A ridge

has much stronger impact than a seamount, leading to higher values of cross-jet

transport, higher values of EKE, and a lower threshold to transition to the second

dynamical regime (h = 75 − 100 m instead of h = 150 − 200 m for a seamount).
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Also, in contrast to the cases with a high seamount, cases with a high ridge show

a covariance of the two mean-to-eddy energy conversion terms, meaning that EKE

growth and southward cross-jet transport remain correlated.

Topographic features in the Southern Ocean have a range of meridional extents,

but tend to have higher maximum heights than those explored in this study. More-

over, the topography heights used in this study may not be directly applicable to

interpret the response of the Southern Ocean circulation to topography, due to the

simplified vertical structure of the model. The two-layer structure overestimates

the impact of topography on the upper-layer flow compared to a continuously strat-

ified system. In particular, we find that seamounts taller than 500 m lead to a

strongly defined recirculation in the upper layer, which is predicted to occur above

high topography in theory (McCartney , 1976), but is not prevalent in Southern

Ocean observations. Similarly, a 500m-tall ridge is high enough to partially block

the lower layer flow in our two-layer system, while the ACC is observed to cross sev-

eral ridges of this height and higher along its circumpolar path. As a consequence

of this tendency to overestimate the impact of topography, we limited the range

of heights relevant to explore in this study to values below 500 m. Nonetheless,

evidence of localised regions of enhanced EKE downstream of major topographic

features (from observations and numerical modelling studies, such as Thompson

and Naveira Garabato, 2014) support the idea that the second regime is more rel-

evant to these locations than the first regime (with lower topography) modelled in

this study. If the meridional extent of a topographic obstacle is large enough (as

in the ridge case presented here), the EKE growth and cross-jet transport may be

once again correlated. Determining the threshold of this regime in a more complex

vertical structure warrants further research.

In addition to affecting the location and magnitude of downstream cross-jet

eddy transport, the presence of high topography reduces the sensitivity of this eddy

transport to the baroclinicity of the flow upstream of topography. If increased wind

forcing in the Southern Ocean leads to an increase in baroclinicity of the ACC jets,

our simulations suggest that the eddy-induced southward transport will increase and

be more localised. However, this increase is likely to be comparatively smaller in

regions where the transport is already high due to topographic effects, resulting in

eddy-driven southward transport being more evenly distributed across topographic

features of different heights than it is today.
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4.5 Conclusions

The presence of topography can catalyse upwelling along sloping isopycnals by af-

fecting the instability properties of Southern Ocean jets. In the isopycnal framework

used in this study, the eddy overturning is quantified by the eddy-driven cross-jet

southward volume transport along a southward-shoaling isopycnal. Firstly, south-

ward eddy transport occurs in regions where the eddy kinetic energy (EKE) is

growing, rather than in regions where EKE is high. Secondly, we identify two types

of instability which energise the eddy field but make distinct contributions to the

overturning. Baroclinic instability (quantified by the eddy-mean energy conversion

through the work of form stress) is associated with southward cross-jet transport by

eddies, while horizontal shear instability (quantified by the work of Reynolds stress)

is not. Both instability mechanisms contribute to the growth of energy in the eddy

field, and the difference in their distribution provides a dynamical explanation of the

spatial separation sometimes observed between the EKE field and the eddy-driven

meridional transport.

An examination of the response of the overturning to changes in topography

height leads to defining two distinct regimes. For small topographic obstacles, the

overturning and EKE are both reduced when the height of the topography is in-

creased. This response suggests that the stationary meanders formed hinder the

growth of instabilities in the lee, resulting in an extended region of slow EKE growth.

For higher obstacles, the overturning increases with height, but remains localised in

the first few meanders immediately downstream of the topography. For a seamount

in this regime, the region of southward cross-jet transport is followed by a region

of continued EKE growth through horizontal shear instability. When a ridge is

present, both types instabilities vary together, with southward transport and EKE

focalised immediately downstream of the ridge. The local values of energy fluxes are

an order of magnitude higher for the ridge than for a seamount of similar height. Fi-

nally, the presence of topography can reduce the sensitivity of cross-jet transport to

changes in ACC baroclinic transport, suggesting that the eddy-driven circulation in

the Southern Ocean may become more spatially distributed as a result of increased

baroclinicity, associated with changes in wind forcing in the future.
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Chapter 5

Concluding remarks

This thesis examined the eddy field resulting from the interactions of an unstable

jet with topography, and the eddy contributions to energy transfers, meridional

overturning, and the irreversible mixing of passive tracers. Previous work suggested

that in the Southern Ocean, regions downstream of major topographic features have

enhanced eddy kinetic energy, and are ‘hotspots’ for cross-jet exchanges and mixing

of tracers. Here, we investigated the processes at play in these regions by reproduc-

ing these jet-topography interactions in idealised numerical model configurations,

in which an ocean jet impinges on a single piece of topography. We diagnosed the

resulting eddy kinetic energy (EKE) and its distribution in the horizontal and ver-

tical (Chapter 3). We also diagnosed the irreversible mixing of a passive tracer by

eddies (Chapter 2), and the eddy-driven component of the meridional overturning

circulation (Chapter 4). To understand the dynamical processes governing these

eddy contributions, we examined their sensitivity to the presence and properties of

topography, as well as to the properties of the jet which impinges on topography.

The response to these changes informs us about the underlying processes, and also

yields insight into the possible response of Southern Ocean jet-topography interac-

tions to a changing climate. In this section, we summarise the main findings of this

thesis and suggest avenues for further research.

5.1 Summary of findings

Throughout this thesis, we find that topography can catalyse eddy effects. In gen-

eral, a topographic obstacle of significant height leads to more EKE at depth, en-

hanced tracer mixing and stronger eddy-driven overturning in the region. Impor-

tantly, topography also tends to increase the along-stream variations in each of

these processes by either intensifying or suppressing eddy effects in some regions.
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Although the effects examined in this thesis occur in the eddy field that develops

from an unstable jet in the absence of topography, their magnitude and location are

significantly altered when bottom topography is present.

When the jet impinges on a piece of topography, their interaction leads to the

formation of stationary meanders downstream of the topography. These meanders

are a dominant feature of the circulation in the vicinity of topography, not only for

the time-mean flow, but also for the distribution of eddies and their contributions.

When these meanders are sharp, the strong horizontal shear across the jet leads to

the suppression of irreversible mixing in the core of the meandering jet, and thus

supports enhanced tracer gradients across its core. It also generates EKE through

horizontal shear instability, contributing to the enhanced levels of EKE in both the

upper and lower layers.

The other instability mechanism relevant to these processes is baroclinic insta-

bility. It contributes to energising the eddy field (alongside the horizontal shear

instability mentioned above), but is the sole contributor to the eddy-driven merid-

ional overturning. It is enhanced by a vertical shear of the inflow, or by the presence

of topography that the jet cannot avoid (i.e. the meridional ridge).

The differences in the zonal patterns of the two instability mechanisms provide a

dynamical explanation of the spatial separation between the maximum of EKE and

the region of eddy-driven overturning. The growth of baroclinic instability occurs

over a limited region, providing both cross-jet transport and EKE growth, while the

growth of horizontal shear instability can continue to support EKE growth further

downstream.

Another difference in the zonal distribution of EKE and an eddy effect high-

lighted in this thesis is observed between the EKE field and the tracer mixing by

eddies. In contrast to the eddy overturning, the enhanced mixing of tracers occurs

downstream of the peak EKE. The most likely explanation for this separation is

that the strong time-mean flow advects the eddies eastward in the time necessary

for the eddy motions to act upon the cross-jet tracer gradient.

The properties of the topography matter in setting the eddy effects. Throughout

this thesis, the flow shows a non-linear response to the height of the topography.

In Chapter 2, it is visible in the abrupt drop in downstream tracer mixing for to-

pographies higher than a given threshold, while in Chapter 4, a transition is marked

by the decreased extent and increased magnitude of eddy-driven cross-jet volume
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transport. The threshold for these transitions depends on the model assumptions

(i.e. a quasi-geostrophic model in Chapter 2 vs. a model with Boussinesq primitive

equations in Chapter 4), on the jet properties before it encounters topography (c.f.

Fig. 2.5), and on the meridional extent of topography. When comparing the dy-

namics downstream of a seamount and a ridge of a given height, the ridge is more

effective at modifying the eddy effects. The flow over a ridge shows a transition

threshold at a much lower height than for a seamount, and also generates higher

deep EKE and eddy-driven overturning.

Finally, although studies commonly focus on the region downstream of topogra-

phy, it is important to consider that the tracer mixing, energy conversions, and cross-

jet transport by eddies can occur in the region upstream of the topography. The

rearrangement of the flow as it approaches an obstacle, or the upstream propagation

of perturbations, can provide pathways for cross-jet exchanges, energy conversions

and mixing.

5.2 Future work

The findings of this thesis highlight areas which warrant further research. In par-

ticular, these future research directions include:

1. Diagnosing the relative contributions of barotropic and baroclinic instabilities

in a realistic Southern Ocean;

The idealised experiments performed in this thesis point to the spatial distri-

bution of the barotropic and baroclinic instability mechanisms as a crucial element

of the eddy dynamics downstream of topography. The layer-wise energetics frame-

work is a promising diagnostic tool to examine their relative importance by explicitly

quantifying the work of form stress and Reynolds stress. A logical progression of the

work done in this thesis is to diagnose the contributions of form stress and Reynolds

stress to eddy-mean flow exchanges in a many-layered, more realistic, representation

of the Southern Ocean. Particular focus should be given to the relative importance

of these energy terms at local scales, perhaps focusing on stationary meander regions

as a first step.

Using the layer-wise energetics framework in a realistic general circulation model

(GCM) represents a significant step-up in the complexity of the implementation and

the analysis, compared to the two-layer system studied here. However, the frame-

work was successfully used by Aiki and Richards (2008) to quantify the role of
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layer-thickness form drag on global scales, demonstrating both the feasibility and

the added value of this approach. Extending our analysis to a GCM would represent

a major step forward in translating the dynamical insights obtained from idealised

jet-topography studies to the continuously stratified, fully-forced ocean. In partic-

ular, a many-layered system would allow us to investigate the effect of realistic,

complex, Southern Ocean topography, and the contribution of higher-order baro-

clinic modes.

2. Exploring the impact of topographic complexity;

The results of this thesis indicate that the properties of topography (i.e. its max-

imum height and its meridional extent) have a major impact on lateral eddy mixing,

the energy pathways into eddy kinetic energy, as well as the location and magnitude

of eddy-driven overturning. Topography can also reduce the sensitivity of these

eddy effects to other forcings (such as the properties of the flow before it encounters

topography).

Building on this work, there is room to further examine the impact of topogra-

phy by focusing on bridging the gap in complexity between the smooth shape of the

simple obstacles considered in idealised studies, and the complex, multi-scale topo-

graphic landscape included in GCMs. In particular, most idealised studies examine

the flow resulting from jet-topography interactions as it evolves over a flat bottom.

The presence of this flat bottom may contribute to overestimating the strength and

zonal extent of the stationary meanders formed, as well as favouring the work of hor-

izontal shear stress over the work of form stress. Using the current forcing strategy

with a prescribed inflow, it is possible to evaluate the role of additional topographic

complexity to the extent of the ocean storm tracks and the processes governing

them. A first step might involve adding a uniformly distributed small-scale bottom

variability. Although observations point to major topographic features (i.e. of large

horizontal scales) as triggers to generate enhanced eddy effects, smaller features such

as small-scale roughness may play an important role in terminating the storm tracks

and localising eddy effects.
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Appendix A

Derivation of the energy budget in

a two-layer isopycnal framework

A.1 Time evolution of the total energy reservoirs

The equations that govern the time evolution of the four main energy reservoirs

can be derived using their definitions (3.1)-(3.3) and the incompressible hydrostatic

equations of motion in isopycnal coordinates (see Aiki et al., 2016, noting that we

have extended their formulation to include APEbt). The resulting description of the

time evolution of the reservoirs is:

∂tAPEbt = φ1(∂th1 + ∂th2), (A.1)

∂tAPEbc = (φ2 − φ1)∂th2, (A.2)

∂tKEi = −∇ · (uiKEi)− h1ui · ∇φi + ρ0hiFτ i · ui, (for i = 1, 2). (A.3)

Here, φ1 = ρ0gη0 and φ2 = φ1+ρ0g
′η1 are the Montgomery potential (MP) anomalies

in the upper and lower layer respectively, and Fτ i is the frictional force (including

both interior viscosity and bottom drag) at work in each layer. The change in KE in

each layer is driven by a combination of layer-wise advective fluxes, the work of form

stress and the energy dissipation through friction. The fluxes between the potential

and kinetic energy are related through the MP flux divergence in each layer. The

equation governing the MP flux divergence in the i-th layer is:

∇ · (φi hi ui) = −φi ∂thi + hi ui · ∇φi. (A.4)

Equations (A.1)-(A.4) summarise the exchanges between the main energy reservoirs

of our 2-layer system.

97



A.2 Time evolution of the time-mean energy reser-

voirs

The equations which govern the time evolution of the mean energy, derived from

the definitions in (3.6)-(3.8) and a low-pass filtered version of the incompressible

hydrostatic equations of motion in isopycnal coordinates (Aiki et al., 2016), are:

∂tMAPEbt = (h1û1 + h2û2) · ∇φ1 −∇ · (φ1(h1û1 + h2û2)) , (A.5)

∂tMAPEbc = h2û2 · ∇(φ2 − φ1)−∇ · ((φ2 − φ1)h2û2)) , (A.6)

∂tMKEi = −∇ · (ûiMKEi)− hiûi · ∇φi − ûi · h′i∇φ′i
−ρ0(ûi · ∇) · (hiu′′iu′′i ) + ρ0hiFτ i · ûi, (for i = 1, 2).

(A.7)

The equation governing the mean component of the layer MP flux divergence is

∇ · (φi hiûi) = −φi ∂thi + hiûi · ∇φi, (for i = 1, 2). (A.8)

A.3 Time evolution of the eddy energy reservoirs

The equations governing the eddy components of energy are derived by subtracting

(A.5)-(A.8) from the low-pass filtered version of (A.1)-(A.4), which govern the evo-

lution of APEbt, APEbc, KE1, KE2 and the total MP flux divergence in each layer.

Following the procedure of Aiki et al. (2016), we obtain the following equations:

∂tEAPEbt = φ′1∂th
′
2 + φ′1∂th

′
1 (A.9)

∂tEAPEbc = φ′2∂th
′
2 − φ′1∂th′2 (A.10)

∂tEKEi = −∇ · (ûi EKEi)−∇ · (u′′iEKEi)− u′′i · hi∇φ′i
+ ρ0ûi · ∇ · (hiu′′i ⊗ u′′i ) + ρ0hiFτi · u′′i , (for i = 1, 2),

(A.11)

where ⊗ denotes the outer product of two vectors. The associated eddy MP flux

divergence equation is:

∇ · (φ′ih′iûi + φ′ihiu
′′
i ) = −φ′i∂th′i + ûih′i∇φ′i + hiu′′i∇φ′i (A.12)

The full energy diagram is presented in Fig. A.1.
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Figure A.1: Full energy diagram of our 2-layer ocean, based on energy equations
presented in the Appendix. Each energy reservoir is decomposed into mean and
eddy contributions. The lines represent local conversion terms that flux energy
between the reservoirs. Our results focus on examining the lower-layer EKE and
the conversions to this reservoir (highlighted in colour).
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Sit finis libri, non finis quaerendi

- Let this be the end of the book, but not the end of the search

Thomas Merton, the Seven-Storey Mountain


		2017-03-24T13:04:29+1100
	Alice Barthel


		2017-03-24T13:06:10+1100
	Alice Barthel


		2017-03-24T13:06:52+1100
	Alice Barthel


		2017-03-24T13:07:14+1100
	Alice Barthel


		2017-03-24T14:28:56+1100
	Adele Morrison




